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ABSTRACT 
It has been hypothesized that the oceans store CO2 during glacial periods and then 
release it to the atmosphere, causing the onset of warm interglacial periods (Sigman and 
Boyle, 2000). Documenting this past transfer of CO2 between the oceans and atmosphere 
is of utmost importance for better understanding the impact that anthropogenic CO2 has 
and will have on Earth’s climate. The last deglaciation is a good analogue to modern 
increases in CO2 and temperature and is recent enough to be studied using radiocarbon. 
This period provides important insights into the nature of climate changes during the 
transition from glacial to interglacial conditions. Specifically, this transition is punctuated 
by brief periods of rapid return to cold, glacial-like conditions followed by abrupt 
warmings that are synchronous with increases in atmospheric CO2 depleted in 14C 
(Hughen et al., 2000; Monnin et al., 2001). This link between increasing atmospheric 
CO2 and abrupt temperature rise during deglaciation has prompted the search for the 
location of a suitably large 14C-depleted pool of respired carbon in the oceans that could 
serve as the source for these large increases in atmospheric CO2. Changes in the 
efficiency of the biological pump and in meridional overturning circulation have both 
been cited as possible mechanisms of respired carbon storage. We seek to understand the 
role of these mechanisms in the Eastern Equatorial Pacific (EEP) over the last 25,000 
years using a combination of radiocarbon, trace element, and isotopic studies of deep-
ocean chemistry. 
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MOTIVATION 
Carbon dioxide is the primary atmospheric gas associated with greenhouse 
forcing, with concentrations of atmospheric CO2 playing a large role in setting Earth’s 
thermostat (Lacis et al., 2010). The anthropogenic increase in atmospheric CO2 since the 
onset of the industrial revolution is widely considered to be the primary driver of 
changing climate conditions during the past two centuries (IPCC Report, 2014). 
Similarly, greenhouse gas forcing has been shown to amplify the orbital cycles of the last 
one million years, driving the transition between glacial and interglacial conditions 
(Sigman and Boyle, 2000). It has been hypothesized that the oceans store CO2 during 
glacial periods and then release it to the atmosphere, causing the onset of warm 
interglacial periods (Sigman and Boyle, 2000). Documenting this past transfer of CO2 
between the oceans and atmosphere is of utmost importance to understanding the role the 
oceans play in modifying the natural variability of atmospheric CO2 during glacial-
interglacial cycles and to predict the role the oceans will play in an anthropogenically 
driven high-CO2 world.  
The overarching goal of my dissertation research is to better understand how the 
oceans store carbon during glacial periods and then release this carbon to the atmosphere 
during deglaciations. Specifically, my research focuses on the CO2 and temperature 
increases of the last deglacial period (~20,000-10,000 years ago) as it is recent enough to 
trace carbon sources using radiocarbon, and records for this period can be of sufficiently 
high-resolution to study rapid climate changes occurring over just several hundred to 
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several thousand years. This period provides important insights into the transition from 
glacial to interglacial conditions and the mechanisms that may play a role during present 
and future rapid climate change. Specifically, this transition is defined by gradually 
increasing atmospheric CO2 overprinted by periods of rapid CO2 rise occurring over 
several hundred years (Hughen et al., 2000; Marcott et al., 2014; Monnin et al., 2001). In 
addition to increasing CO2, gradual decreases in atmospheric radiocarbon content have 
been recorded over this same period. Radiocarbon is formed cosmogenically in the upper 
levels of the atmosphere, and the production of radiocarbon varies through time 
depending on the strength of Earth’s magnetic field and the number of cosmic rays hitting 
Earth (Lal and Peters, 1967). However, the radiocarbon decreases during the last 
deglaciation cannot be accounted for by changes in production alone (Hain et al., 2014), 
suggesting the transfer of CO2 from a radiocarbon-depleted carbon reservoir. This has 
prompted the search for the location of a suitably large 14C-depleted pool of carbon in the 
oceans that could serve as the source for these large increases in atmospheric CO2, as the 
deep ocean is the largest carbon reservoir to exchange with the atmosphere on hundred 
and thousand year timescales (Holmen, 1992). While, both physical and biological 
mechanisms have been suggested as possible drivers of oceanic CO2 storage and release, 
there is little general agreement on the relative role of these mechanisms. 
 Many of the suggested physical drivers focus on changes in the rate and pathway 
of oceanic circulation as mechanisms for the glacial-interglacial transfer of carbon 
between the oceans and the atmosphere. Specifically, it was predicted that deep-water 
production weakened during glacial periods resulting in the build-up of CO2 due to 
decreased circulation rates and increased isolation of these water masses from the 
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atmosphere (Huang et al., 2014; Pahnke et al., 2008). The resumption of a vigorous 
circulation during deglaciation would rapidly restore communication of isolated deep 
waters with surface waters and the atmosphere, producing the observed periods of 
depleted atmospheric 14C and increased CO2 (Keeling and Stephens, 2001; Broecker et 
al., 2007; Matsumoto and Yokoyama, 2013; Ferrari et al., 2014). However, there has 
been much disagreement about the feasibility of an isolated abyssal reservoir, with critics 
suggesting that the required amount of respiration for this stagnant water-mass would 
result in anoxic conditions (Hain et al., 2011). So far, little evidence of anoxic conditions 
and decreased radiocarbon in abyssal-depth waters has been found (Broecker et al., 2004; 
Jaccard and Galbraith, 2011; Lund, 2013; Rae et al., 2014; Ronge et al., 2016). 
 In light of these shortcomings, many researchers have focused instead on the 
biological transfer of carbon from the surface ocean to the deep ocean and the overall 
efficiency of this biological pump (Anderson et al., 2002; Boyle, 1988; Jaccard et al., 
2009; Martin, 1990; Matsumoto et al., 2002). Phytoplankton take up CO2 from the 
surface ocean during photosynthesis and subsequently export CO2 to the deep ocean as 
organic carbon rain. When the biological pump is inefficient, phytoplankton in the 
surface ocean are not able to fully use the available nutrients leading to a greater amount 
of unused, preformed nutrients and a missed opportunity to sequester CO2. It has been 
hypothesized that increased atmospheric transport of iron due to glacial erosion and 
increased aridity could have alleviated iron-limiting conditions in some areas during the 
glacial period (Martin, 1990). This would have led to a more efficient biological pump 
and increased CO2 drawdown. During deglaciation, biological pump efficiency may have 
decreased due to a declining glacial iron supply resulting in a reduction of the CO2 
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transfer to the deep ocean, allowing evasion of excess CO2 to the atmosphere. A flaw in 
the hypothesized biological mechanisms of oceanic atmospheric CO2 exchange is that the 
biological sequestration of atmospheric CO2 could at most have accounted for only half 
of the observed glacial-interglacial atmospheric CO2 change, requiring a secondary 
mechanism to account for the full CO2 change (Kohfeld et al., 2005). 
 The aim of my dissertation research was to document changes in past oceanic 
chemistry and circulation in order to evaluate the proposed mechanisms for the glacial-
interglacial transfer of CO2 between the oceans and atmosphere. This was accomplished 
by developing records of past ocean chemistry using the shells of single-celled protists 
called foraminifera. As they build their calcite shells, the chemistry of the water in which 
they live gets incorporated in those shells, and those shells are preserved in sediments 
allowing us to perform a variety of geochemical analyses to constrain past seawater 
chemistry. Chapter one of this study uses foraminiferal radiocarbon analyses to assess the 
physical drivers of oceanic CO2 sequestration during the last glacial period and 
subsequent deglacial evasion of this reservoir to the atmosphere. The biological 
sequestration of CO2 is investigated in chapter two of this study to evaluate whether 
changes in the efficiency of the biological pump may have played a role in glacial 
atmospheric CO2 drawdown. This is accomplished by documenting changes in respired 
carbon storage using foraminiferal stable isotope and trace element analyses of past 
oceanic oxygenation and carbonate chemistry. Finally, the role of circulation in driving 
changes in the biological pump and in ventilation is investigated in chapter three by 
characterizing deep and mid-depth water-masses using paired stable isotope and trace 
element analyses. 
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 This study focuses on the eastern equatorial Pacific as this region is the largest 
modern oceanic source of CO2 to the atmosphere (Pennington et al., 2006) making it 
particularly well suited for investigating the transfer of CO2 between the oceans and the 
atmosphere. In this region, CO2 is brought to the surface ocean by equatorial upwelling, 
northward advection of cool, nutrient rich waters from the Peru current, and upwelling of 
cold equatorial undercurrent waters off the Galapagos. This oceanic evasion of CO2 is 
modified by the biological uptake of CO2 during photosynthesis, which works to stem 
some of the CO2 leak to the atmosphere. Productivity in this region is spatially variable 
and is limited in some areas by nitrate availability whereas other regions have excess 
nitrate and are limited instead by micronutrients such as iron. Reductions in nutrient 
limiting conditions through time could work to limit the CO2 flux to the atmosphere.
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CHAPTER 1 
 
SYNCHRONOUS DEGLACIAL THERMOCLINE AND DEEP-WATER 
VENTILATION IN THE EASTERN EQUATORIAL PACIFIC1
                                                
1 Umling, N.E., Thunell, R.C., 2017. Nature Communications. 8, 14203. 
doi:10.1038/ncomms14203. Reprinted here with permission of publisher. 
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1.1 ABSTRACT 
 The deep-ocean is most likely the primary source of the radiocarbon depleted CO2 
released to the atmosphere during the last deglaciation. While there are well-documented 
millennial-scale Δ14C changes during the most recent deglaciation, most marine records 
lack the resolution needed to identify more rapid ventilation events. Furthermore, 
potential age model problems with marine Δ14C records may obscure our understanding 
of the phase relationship between inter-ocean ventilation changes. Here we reconstruct 
changes in deep water and thermocline radiocarbon content over the last deglaciation in 
the Eastern Equatorial Pacific (EEP) using benthic and planktonic foraminiferal 14C. Our 
records demonstrate that ventilation of EEP thermocline and deep waters occurred 
synchronously during the last deglaciation. Additionally, both gradual and rapid deglacial 
radiocarbon changes in these Pacific records are coeval with changes in Atlantic records. 
This in-phase behavior suggests that Southern Ocean overturning was the dominant 
driver of changes in Atlantic and Pacific ventilation during deglaciation. 
1.2 INTRODUCTION 
Atmospheric CO2 plays an important role in setting Earth’s thermostat and 
changes in atmospheric CO2 provide the feedback mechanism needed to amplify the 
orbitally-driven Pleistocene glacial-interglacial climate cycles (Sigman and Boyle, 2000). 
Documenting the transfer of CO2 between oceanic and atmospheric reservoirs is 
paramount to understanding the relationship between CO2 and climate change. 
Radiocarbon studies are uniquely suited for identifying the pathway and rate of CO2 
exchange between the oceans and atmosphere by providing a tool for tracing carbon 
sources over the past 40,000 years. The last deglacial period (~20,000-10,000 years ago) 
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is recent enough to be studied using radiocarbon and provides important insights into the 
nature of climate transitions and the role of tipping points in predicting abrupt shifts in 
the climate system (Lenton et al., 2012). 
Antarctic ice core records spanning the last deglaciation reveal a tight coupling 
between changes in atmospheric CO2 and temperature (Parrenin et al., 2013). In 
particular, these records contain two millennial-scale episodes of increasing atmospheric 
CO2 that are synchronous with decreases in atmospheric Δ14C (Hughen et al., 2000; 
Monnin et al., 2001). The first is a large 170‰ drop in Δ14C and ~50 ppmv rise in CO2 
occurring during late Heinrich Stadial 1 (HS1; ~17.5 to 14.7 ka), and the second is a 
smaller Δ14C drop of 70‰ and ~30 ppmv rise in CO2 marking the end of the Younger 
Dryas (YD; ~12.8 to 11.5 ka; Monnin et al., 2001; Hain et al., 2014; Figure 1.1). The 
magnitudes of these events suggest that the intermediate and/or deep ocean must be the 
primary source of this excess CO2 (Broecker and Barker, 2007), although identifying the 
specific source region has proven difficult. There is evidence to suggest that the large 
fluctuations in atmospheric CO2 are driven by changes in Southern Ocean meridional 
overturning circulation (Watson and Naveira Garabato, 2006).  
Previous studies from both intermediate and deep water locations yield conflicting 
results regarding the magnitude and extent of the glacial carbon pool, as well as the 
timing of deglacial ventilation events (Rae e al., 2014; Marchitto et al., 2007; Lindsay et 
al., 2015; Burke and Robinson, 2012; Skinner et al., 2010; Thornalley et al., 2011; 
Robinson et al., 2005; Chen et al., 2015; Skinner et al., 2014; de la Fuente et al., 2015; 
Sikes et al., 2000; Broecker et al., 2008; De Pol-Holz et al., 2010; Siani et al., 2013; 
Burke et al., 2015; Freeman et al., 2015; Skinner et al., 2015; Ronge et al., 2016; Sikes et 
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al., 2016) , resulting in difficulty resolving both regional and inter-ocean ventilation 
signals. These inconsistencies may be due, at least in part, to the age models used for the 
different records. Traditionally, a constant reservoir age is used when calibrating 
foraminiferal radiocarbon dates (Broecker et al., 2008, De Pol-Holz et al., 2010; Freeman 
et al., 2015). However, variability in marine reservoir ages of at least several hundred 
years have been documented for the Pacific since the last glacial maximum (LGM) from 
dating of contemporaneous marine and terrestrial samples (Ortlieb et al., 2011), from 
correlation of marine tephra layers to dated terrestrial eruptions (Siani et al., 2013), and 
from paired U-Th and 14C dating of corals (Paterne et al., 2004).  Additionally, reservoir 
age variability of >800 years has been suggested from tuning of plateaus in atmospheric 
14C (Sarnthein et al., 2015; Balmer et al., 2016), from several tephra-dated records (Sikes 
et al., 2000; 2016), and from correlation of climatic events to age control points in 
independently dated oxygen isotope records from the Hulu Cave speleothem or 
Greenland and Antarctic ice cores (Skinner et al., 2010; 2014; 2015). Without 
independent age control of radiocarbon-derived ventilation records, it is difficult to 
quantify the actual magnitude of error introduced into initial foraminiferal radiocarbon 
content (∆14C0) calculations from age model uncertainty (Cook and Keigwin, 2015). 
Furthermore, age model uncertainties make it difficult to determine whether ventilation 
events in different ocean basins occur synchronously or if there is an inter-ocean 
ventilation seesaw associated with the waxing of North Pacific Deep Water (NPDW) 
production when North Atlantic Deep Water (NADW) production waned (Freeman et al., 
2015). 
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Here we reconstruct surface and deep water mass radiocarbon contents in the 
Eastern Equatorial Pacific (EEP) from sediment core TR163-23 (0°24’N, 92°09’W; 
2,730 m water depth).  This core site is located within the eastern equatorial cold tongue 
region off the Galapagos platform, along the return pathway of Pacific Deep Water 
(PDW; Figure 1.2). The Galapagos region presently is influenced by the upwelling of 
nutrients and CO2 from the Equatorial Undercurrent (EUC) into thermocline depth waters 
(Toggweiler et al., 1991). The southern hemisphere currently accounts for ~2/3 of the 
source waters feeding the EUC with Sub-Antarctic Mode Water (SAMW) formed along 
the northern edge of the Antarctic Circumpolar Current (ACC) contributing much of the 
Δ14C signature (Toggweiler et al., 1991). Consequently, TR163-23 is ideally positioned 
to record Southern Ocean-sourced ventilation of both thermocline and deep waters. We 
develop a well constrained age model for TR163-23 that does not require a static 
reservoir age and minimizes chronological uncertainty associated with the calculation of 
past radiocarbon content. Our records demonstrate that EEP thermocline and deep water 
ventilation occurred synchronously over the last 25,000 yrs. They also indicate that both 
Atlantic and Pacific ventilation were sensitive to changes in Southern Ocean deep-water 
formation consistent with a southern driver of deglacial climate change (Sigman and 
Boyle, 2000; Keeling and Stephens, 2001; Watson et al., 2015). 
1.3 RESULTS 
1.3.1 AGE MODEL DEVELOPMENT 
 To constrain age model uncertainty, three independent age models have 
been developed for TR163-23 (Figure 1.3), along with an age model based on a constant 
reservoir correction (ΔR=147±13) of 31 Neogloboquadrina dutertrei radiocarbon ages 
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(Supplementary tables A.1 and A.2). Two of the age models were derived from the 
tuning of a planktonic foraminiferal (Globigerinoides ruber) oxygen isotope record for 
TR163-23 (Supplementary Fig. A.1) to the δ18O records from the GRIP Greenland ice 
core (Figure 1.3a; Johnson et al., 1997; Rasmussen et al., 2014; Seierstad et al., 2014) and 
the Hulu Cave speleothems (Wang et al., 2001; Wu et al., 2009; Southon et al., 2012; 
Figure 1.3b). In addition, we used 14C plateau tuning of the N. dutertrei radiocarbon dates 
following the procedure presented in Sarnthein et al. (2015; Figure 1.3c) to develop a 
third independent age model. Reference record age estimates for the various tie points 
(Supplementary Table A.3) were translated to TR163-23 using the elastic tie-point (ETP) 
method (Heaton et al., 2013), and the final age models were developed using the 
Bayesian age-depth modeling program BACON (Blaauw and Christen, 2011; 
Supplementary Tables 4-5).  
This method was chosen as it provides a computationally feasible way to quantify 
uncertainty associated with the transfer of age-depth estimates from a reference 
chronology. Tie-point constraint allows us to estimate reservoir age changes over the last 
glacial-interglacial transition, and our sampling resolution of TR163-23 permits the 
observation of sub-millennial scale ventilation events. Above all, this technique of age 
model construction is not reliant upon the assumption of an unchanging reservoir age 
throughout deglaciation and provides more realistic estimates of age-model uncertainty. 
We did not have sufficient resolution during the Holocene to identify tie points, and as a 
result this portion of the chronology was constructed using three calibrated (ΔR=147±13) 
N. dutertrei calendar ages. All three of the independently developed age models yield 
results that are indistinguishable from one another (Figure 1.4). Conversely, the 
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radiocarbon-based age model yields significantly different and generally older ages 
(Figure 1.4). For the purpose of this study, we use the Hulu cave speleothem tuned age 
model to interpret our results from the Galapagos. A more detailed description of the 
procedures used to establish each of the four age models is presented in the Methods.  
1.3.2 THERMOCLINE AND DEEP WATER VENTILATION 
The deep and thermocline carbon pools were assessed through calculation of the 
paleo-reservoir ages and the anomaly of the initial foraminiferal radiocarbon content 
(!14C0) from the IntCal13 atmospheric record (Reimer et al., 2013), or Δ14C0-atm as 
defined by Cook and Keigwin (2015). Contemporaneous atmosphere 14C and Δ14C values 
were averaged around associated Hulu-tuned age model 2σ error windows, and the error 
was estimated from the standard deviation of each averaged value. Reservoir ages and 
!14C0-atm values were calculated from measured radiocarbon ages of mixed benthic 
foraminifera for deep waters and of N. dutertrei for thermocline depths (Figure 1.5; 
Supplementary Table A.6). An initial increase in EEP ∆14C0-atm at ~17.5 ka coincides 
with the onset of rising atmospheric CO2 at the beginning of HS1 (Parrenin et al., 2013; 
Marcott et al., 2014), with a second period of increasing ∆14C0-atm corresponding to the 
YD-Holocene transition (Figure 1.6). These two episodes of gradually increasing ∆14C0-
atm are separated by a period of generally well ventilated thermocline and deep waters 
during the Bølling-Allerød (BA), a time when atmospheric CO2 levels remained constant. 
For TR163-23, benthic and planktonic foraminiferal 14C offsets from the atmosphere co-
vary and as a result the B-P offset changes very little over the past 22,000 years, 
remaining close to the modern difference of ~1,250 14C years (Figure 1.5). Although the 
radiocarbon content in the EEP is primarily increasing throughout the deglaciation, there 
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are three brief periods of little to no increase or even decline in deep water ∆14C0-atm 
(15.6-15.1 ka; 14.6-13.3 ka; 13.1-12.4 ka). Each of these events is followed by a period 
of rapid ∆14C0-atm increase (15.1-14.6 ka; 13.3-13.1 ka; 12.4-10.8 ka). Our results clearly 
demonstrate that the ∆14C0-atm of EEP thermocline and deep waters varied by at least 
250‰ since the last glacial period (Figure 1.6). 
1.4 DISCUSSION 
Benthic-planktonic (B-P) 14C offsets have often been used to estimate past 
ventilation changes (Broecker et al., 2008; De Pol-holz et al., 2010; Freeman et al., 2015). 
However, concurrent increases in surface ocean reservoir ages and bottom water 
radiocarbon depletion, as seen in this study, may lead to the underestimation of 
ventilation changes calculated simply from B-P 14C age differences (Sikes et al., 2016). 
While both TR163-23 and Panama Basin core ODP1240 (de la Fuente et al., 2015) 
suggest similar B-P offsets during the deglacial, ODP1240 indicates an overall decrease 
of ~870 years in the B-P offset from the glacial to the Holocene (Figure 1.5). This 
dissimilarity in the two records could be due to differences in stratification through time 
between the two locations or it could be due to the fact that we have very little data for 
TR163-23 older than HS1 and thus are not capturing the true glacial B-P differences at 
our core location. Simultaneous deglacial benthic and planktonic reservoir age changes 
during deglaciation have also been observed in the southeast (Siani et al., 2013) and 
southwest Pacific (Skinner et al., 2015; Sikes et al., 2016; Sikes and Guilderson, 2016). 
This observation is consistent with modeling studies suggesting that surface reservoir 
ages are influenced not only by changes in lateral and vertical mixing, but also by the 
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“ρCO2 effect” in which higher atmospheric CO2 concentrations result in an increased 
oceanic equilibration rate of Δ14C (Galbraith et al., 2015).  
Our B-P and Δ14C0-atm results indicate that increases in both thermocline and deep 
water radiocarbon content not only occurred synchronously over the last deglaciation but 
that the magnitude of change was similar at both depths (Figure 1.6). Taken together, 
these records suggest that the initial oceanic “flushing” of the respired carbon reservoir 
was likely completed by ~14.5 ka and that any continued ventilation during the BA did 
not release a significant amount of carbon to the atmosphere. In addition, regrowth of the 
terrestrial biosphere during the BA may have contributed to the drawdown of CO2 
(Bauska et al., 2016; Crichton et al., 2016), offsetting any oceanic CO2 ventilation during 
this period. The 14C-depleted deep waters at our site likely represent depletions within 
PDW as it flows southward at mid-water depths (2-3.5 km). Similar radiocarbon 
anomalies have been recorded at this depth range in high latitudes in the Gulf of Alaska 
(Rae et al., 2014), off New Zealand (Ronge et al., 2016; Sikes et al., 2016), in the 
northwest Atlantic (Robinson et al., 2005), and in the south Atlantic (Burke et al., 2015; 
Skinner et al., 2014). Thus, this mid-depth carbon reservoir (Burke et al., 2015) appears 
to have been a pervasive feature of the glacial ocean. The ventilation pathway of this 
carbon to surface waters is less clear. The simultaneous 14C depletions in EEP deep and 
thermocline waters indicate that the EUC likely transported carbon to upwelling zones in 
the Eastern Pacific, much as it does at present. Indeed, boron isotope derived pH 
estimates suggest that ventilation in the EEP was a significant source of CO2 to the 
atmosphere during the deglaciation (Martínez-Botí et al., 2015). While SAMW is a major 
contributor to EUC waters, significantly aged SAMW has yet to be identified in the 
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Southern Ocean after ~18 ka (Sikes et al., 2016). Although the north Pacific currently 
produces only ~1/3 of EUC waters (Rodgers et al., 2003), it could have been a more 
important source of 14C-depleted waters to the EUC during deglaciation.  
As mentioned, the last deglaciation is marked by two millennial scale periods of 
increasing atmospheric CO2 (17.5-14.5 ka; 13-11.5 ka), which are overprinted by several 
short-lived, rapid increases and plateaus (Marcott et al., 2014; Figure 1.6). Generally, 
each period of little to no increase or even decline in ∆14C0-atm appears to correspond with 
a pause in the build-up of atmospheric CO2 (Marcott et al., 2014) and may be indicative 
of the establishment of brief periods of stable climate conditions (Figure 1.6). Alternating 
periods of oceanic ventilation and stratification during deglaciation appear to be tightly 
coupled to the increases and plateaus, respectively, in the CO2 record, beginning with the 
initial rise in CO2 and the onset of increasing ventilation in marine records at 17.5 ka 
(Marcott et al., 2014). More importantly, this emphasizes the integral role of oceanic 
ventilation in modulating atmospheric CO2. 
The West Antarctic Ice Sheet Divide Ice Core (WDC) atmospheric CO2 record is 
marked by three centennial-scale increases during the last deglaciation at ~16.3, 14.8, and 
11.7 ka (Marcott et al., 2014; Figure 1.6). No marine equivalent of the 16.3 ka increase in 
atmospheric CO2 has been identified in Southern Ocean 14C records. However, high 
latitude ventilation records from the North Pacific (Rae et al., 2014), Nordic Seas 
(Thornalley et al., 2015), and Iceland margin (Thornalley et al., 2011) record decreased 
deep water reservoir ages at ~16 ka. Concurrent decreases in surface water reservoir ages 
have been recorded in the sub-tropical south Atlantic at 16.3 ka (Balmer et al., 2016). 
While we see no evidence of NPDW ventilation at this time in our benthic ∆14C0-atm 
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record, thermocline waters at our site display a small excursion towards younger 
radiocarbon values and less negative ∆14C0-atm. This thermocline event is reduced in 
magnitude relative to that seen in North Pacific records and is consistent with a smaller 
proportion of northern relative to southern sourced waters incorporated into the EUC 
waters feeding our study site. Alternately, the 16.3 ka CO2 increase may not be due to 
increased ocean ventilation but rather to the transfer of terrestrial carbon to the 
atmosphere (Balmer et al., 2016; Bauska et al., 2016). In contrast, the 14.8 ka event at the 
HS1-Bølling transition is coincident with a ~200‰ increase in ∆14C0-atm in both EEP 
thermocline and deep waters (Figure 1.6). This is easily the largest magnitude ventilation 
change recorded in TR163-23 and it is likely responsible for release of a significant 
amount of the carbon stored in the mid-depth reservoir. After a period of generally 
decreasing ∆14C0-atm from ~14.1-12.4 ka, TR163-23 records the resumption of increased 
EEP ventilation at ~12.4 ka during the Younger Dryas. However, during this period our 
record has insufficient resolution to identify the presence of a distinct EEP ventilation 
event associated with the rapid 100-200 year long increase in CO2 at ~11.7 ka. 
Nevertheless, a significant rapid increase in ∆14C0-atm is recorded at this time in 
intermediate depth waters off Baja, California (Marchitto et al., 2007; Lindsay et al., 
2015), supporting a link between ocean ventilation and the centennial-scale CO2 rise at 
~11.7 ka.  
While the rapid increases in CO2 at 14.8 and 11.7 ka coincide with changes in 
ocean ventilation, we also observe 75‰ and 100‰ ∆14C0-atm increases in EEP deep and 
thermocline depth waters, respectively, during the late-BA (~13.0-13.3 ka) that are not 
associated with an increase in atmospheric CO2 (Figure 1.6). Although changes in 
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thermocline depth or upwelling strength can result in Δ14C variability, the magnitude of 
the late-BA increase in ∆14C0-atm far exceeds the range of thermocline driven seasonal and 
decadal variability observed in Galapagos coral radiocarbon over the last 400 years 
(Druffel et al., 2007). This suggests that although upwelling may have increased at ~13.3 
ka, a change in endmember ∆14C is required to produce an increase of the magnitude we 
observe at this time. Several explanations could account for the lack of an equivalent late-
BA increase in atmospheric CO2: (1) a more efficient biological pump reduced the “leak” 
of CO2 to the atmosphere, (2) the re-growth of terrestrial forests caused a draw-down of 
atmospheric CO2, and/or (3) decreased air-sea exchange in the North Atlantic or Southern 
Ocean due to changes in wind stress and/or sea ice extent kept pace with ventilation, 
sequestering an amount of carbon comparable to that released in the EEP (Marcott et al., 
2014).  
Using only marine 14C records with independently constrained age models (Table 
1) we find that EEP reservoir age changes are coherent with both shallow and deep 
Atlantic and Pacific reservoir ages, not only at the millennial scale but also with more 
rapid ventilation events (Figure 1.7).  Specifically, gradually increasing ventilation early 
in HS1 (~17.5 ka) followed by an abrupt acceleration in the rate of ventilation coincident 
with the ~14.8 ka rise in atmospheric CO2 is recorded in the EEP (this study), the 
subtropical NE Pacific (Marchitto et al., 2007; Lindsay et al., 2015), the subpolar NE 
Pacific (Rae et al., 2014), the Equatorial Atlantic (Chen et al., 2015), the North Atlantic 
(Thornalley et al., 2011; Robinson et al., 2005; Skinner et al., 2014), and the sub-polar 
South Atlantic (Skinner et al., 2010). Among these records, the EEP (this study), the 
subtropical NE Pacific (Marchitto et al., 2007; Lindsay et al., 2015), and the North 
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Atlantic (Thornalley et al., 2011; Skinner et al., 2014) also indicate a period of enhanced 
ventilation during the late Younger Dryas (Figure 1.7). Using the Bayesian age-depth 
modeling program BACON (Blaauw et al., 2007; Blaauw and Christen, 2011), each of 
these records was analyzed for the probability that the 14.8 ka ventilation event occurred 
at a given point in time from 13-18 ka. For each region, the probability of this event 
occurring at a given point in time was combined with the event probability for TR163-23 
to determine the likelihood that EEP ventilation was occurring simultaneously with 
ventilation in the Atlantic and Southern oceans. Taking into account chronological 
uncertainty, rapid ventilation in the EEP during the HS1-BA transition was synchronous 
with the North Atlantic (Figure 1.8) but did not show significant likelihood of 
synchronicity with the Southern Ocean. Rather, the Southern Ocean ventilation event 
associated with the 14.8 ka atmospheric CO2 excursion (Marcott et al., 2014) occurs 
slightly earlier than in the Eastern Pacific and the North Atlantic. Because of their low 
resolution, it is not possible to calculate the synchronicity of events from the equatorial 
Atlantic coral records. 
The internal consistency of the Atlantic and Pacific ventilation records argues 
against the existence of inter-ocean differences in the timing of ventilation changes 
during the last deglaciation (Freeman et al., 2015). Furthermore, the early onset of 
ventilation in the Southern Ocean due to overturning (Watson et al., 2015) suggests that 
this region was the dominant driver of deglacial ocean ventilation that then propagated 
northward into both the Pacific and Atlantic basins. The close correlation between 
Greenland ice core and Gulf of Alaska oxygen isotope records has been used as a basis 
for suggesting the close coupling and synchronization of poleward heat transport in the 
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Pacific and Atlantic oceans during the last deglaciation (Praetorius and Mix, 2014). 
Similarly, the results of our study suggest that ventilation of the Atlantic and Pacific 
Oceans was also synchronous during the most recent deglaciation (Figure 1.8).  
1.5 METHODS 
1.5.1 RADIOCARBON ANALYSIS 
Sediment core TR163-23 (0°24’N, 92°09’W) was collected from 2,730 m water-
depth off the western margin of the Galapagos Islands during R/V Trident cruise TR-163 
in February 1975. Sedimentation rates in this core range from 8 to12 cm/kyr making it 
ideally suited for study of the last deglaciation. Samples of ~10 mg of the thermocline 
dwelling planktonic foraminifera Neogloboquadrina dutertrei and 3-8 mg of mixed 
benthic species were measured for radiocarbon content at the University of California, 
Irvine Keck-Carbon Cycle AMS facility (Supplementary Table A.1 and Supplementary 
Figure A.1). Mixed genus benthic foraminiferal samples were necessary to assure 
sufficient material for radiocarbon analysis. Deep infaunal species (Globobulimina spp., 
Chilostomella oolina) that may bias the results towards younger calendar ages were 
avoided (Magana et al., 2010). The contemporary benthic-planktonic offset was 
calculated using bomb corrected Δ14C from the Global Ocean Data Analysis Project 
(GLODAP) bottle data (Key et al., 2004), following de la Fuente et al. (2015). The 
modern 14C ages were estimated from GLODAP Δ14C using the equation from Stuiver 
and Polach (1977; 14C age=-8033*ln(1+(D14C/1000)) modified for Δ14C.  
1.5.2 STRATIGRAPHIC ALIGNMENT 
In addition to the tuned age models, an age model was developed by applying a constant 
reservoir correction of 147±13 years to 31 N. dutertrei radiocarbon dates using the 
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Bayesian age-depth modeling program BACON (Blaauw and Christen, 2011). Oxygen 
isotope analyses were carried out on the planktonic foraminifera G. ruber 
(Supplementary Figure A.1) using an Elementar Isoprime stable isotope ratio mass 
spectrometer. Distinctive oxygen isotope events were visually identified in TR163-23 and 
matched to Northern Hemisphere reference events in the GRIP Greenland ice core on the 
Greenland Ice Core Chronology 05 (GICC05; Johnsen et al., 1997; Rasmussen et al., 
2014; Seierstad et al., 2014) for the Greenland-tuned chronology and to the H82 and 
MSD Hulu speleothems (Wang et al., 2001; Wu et al., 2009; Southon et al., 2012) for the 
Hulu-tuned age model. Tuning the EEP to Northern Hemisphere climatic events is 
supported mechanistically by an atmospheric bridge across the Isthmus of Panama (Xie et 
al., 2008). During North Atlantic cold periods increased northeasterly winds across 
Panama drive decreased sea surface temperatures (SST) and shoaling of the thermocline 
resulting in an expansion of the equatorial cold tongue. The link between Northern 
Hemisphere climate change and the EEP has been recorded over the last 100 kyr by 
paleoclimate records of SST and sea surface salinity (Kienast et al., 2006; Leduc et al., 
2007; Dubois et al., 2014).  
1.5.3 RADIOCARBON PLATEAU TUNING 
Visually identified TR163-23 radiocarbon plateaus were matched to Lake Suigetsu 
atmospheric 14C-plateaus (Sarnthein et al., 2015; Bronkk Ramsey et al., 2012) on the 
varve-derived Suigetsu age model consistent with published plateau-tuned age models 
(Balmer et al., 2016; Sarnthein et al., 2015). This chronology is preferable to the modeled 
chronology because it is independent of assumed limits on changes in the dead carbon 
fraction of U/Th dated Hulu and Bahama speleothems (Sarnthein et al., 2015). 
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Furthermore, the plateau tuned age model developed using the varve chronology provides 
a closer match to the Hulu speleothem and Greenland ice core tuned age models for 
TR163-23. The indistinct base of plateau 1a/top of plateau 1 was not included in the final 
plateau-tuned age model. Plateau tuning suggest the presence of a short hiatus between 
the Younger Dryas plateau and plateau 1a. The timing and length of the hiatus is 
estimated using the Bayesian age modeling program BACON (Blaauw and Christen, 
2011) with the prior distribution for the hiatus modelled by a gamma distribution with a 
mean chronological time gap of 1000 years. Accumulation rates are assumed not to be 
auto-correlated between the depths just before and after the hiatus. However, inclusion of 
the hiatus has little effect on the final age model. The Elastic Tie Pointing method 
(Heaton et al., 2013) was used to transfer tie-point ages from the reference record to 
TR163-23. Larger matching uncertainty was applied to the glacial tie-points in each of 
the tuned records to allow for a lower level of certainty associated with event 
contemporaneity during this period. Because we did not have sufficient resolution to 
identify tie-points during the Holocene this portion of the chronology was constructed 
using 3 calibrated (ΔR=147±13) N. dutertrei calendar ages for each of the tuned 
chronologies. Additionally, radiocarbon plateaus could not be identified in TR163-23 
during the glacial period requiring the use of one Greenland tie-point to constrain this 
period. Tie-point errors determined using the ETP method (Heaton et al., 2013) and 
conventional radiocarbon ages were incorporated into the Bayesian age-depth modeling 
program BACON (Blaauw and Christen, 2011) to calibrate Holocene radiocarbon dates 
and to constrain the final age models and their uncertainty.  
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Table 1.1 Method of age model constraint for cited radiocarbon records.  
 
Archive  region Depth (m) age constraint Reference 
TR163-23 Galapagos 2,730 Stratigraphic tie points 
(ice core δ18O and 14C 
plateaus) 
This study 
ODP1240 Panama Basin 2,921  Stratigraphic tie points 
(correlation of Mg/Ca 
and δ18O to 
Greenland ice core) 
de la Fuente et al., 2015 
coral 
transect 
Equatorial 
Atlantic 
750-2,100  Paired U/Th and 14C 
ages 
Chen et al., 2015 
coral 
transect 
Drake Passage 819-1,750  Paired U/Th and 14C 
ages  
Burke and Robinson, 2012 
MD02-2489 Gulf of Alaska 3,640  Stratigraphic tie points 
(ice core δ18O) 
Rae et al., 2014 
MD99-2334k NE Atlantic 3,146  Stratigraphic tie points 
(correlation of Mg/Ca 
and δ18O to Hulu cave 
speleothems) 
Skinner et al., 2014 
MD07-3076 Sub-Antarctic 
Atlantic 
3,770  Stratigraphic tie points 
(Correlation of Mg/Ca 
to ice cores) 
Skinner et al., 2010 
Iceland core 
compilation 
N Atlantic 1,237-2,303 Correlation of ash 
layers to dated 
terrestrial eruptions 
Thornalley et al., 2011 
coral 
compilation 
NW Atlantic  1,713-2,590 Paired U/Th and 14C 
ages 
Robinson et al., 2005 
MV99-
MC19/GC31
/PC08 
E Pacific 705  Correlation of Diffuse 
Spectral Reflectance 
to GISP2 δ18O 
Marchitto et al., 2007, 
Lindsay et al., 2015 
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Figure 1.1. Atmospheric CO2 and temperature changes across the last deglaciation. Both 
atmospheric CO2 from a composite record of Antarctic ice cores (blue) (Bereiter et al., 
2015) and Antarctic temperature change recorded by the Epica Dome C ice core (pink) 
(Parrenin et al., 2013) show a two-step increase through the deglaciation. Increasing 
Atmospheric temperature and CO2 during Heinrich Stadial 1 (HS1) and the Younger 
Dryas (YD) is separated by a period of little to no change during the Bølling Allerød 
(BA). Atmospheric radiocarbon content (Δ14C corrected for natural production; green; 
Hain et al., 2014) decreases over the same period. Dashed lines indicate century long 
periods of abrupt CO2 rise identified by Marcott et al. (2014).  
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Figure 1.2 Core locations and study area. (a) Location of TR163-23 (0.41°N, 92.16°W; 
2730 m water depth) with the main bathymetric features and important currents of this 
region. (b) A cross-section of silicate concentrations along 88°W generated using Ocean 
Data View software (Schlitzer, 2015); the location of TR163-23 is within the North 
Pacific Deep Water silicate maximum (Tsuchiya and Talley, 1998; Key et al., 2004). (c) 
The location of marine records displayed in Figure 1.7 including TR163-23 (this study) 
shown with a star, ODP1240 (0.01°N, 86.46°W; 2,921 m; de la Fuente et al., 2015) in 
grey, MD02-2489 (54.39°N, 148.92°W; 3,640 m; Rae et al., 2014) in pink, MV99-
MC19/GC31/PC08 (23.47° N, 111.6°W; 705 m; Marchitto et al., 2007; Lindsay et al., 
2015) in dark green, Drake Passage corals (Burke and Robinson, 2012) in light blue, 
MD07-3076 (44.07°S, 14.21°W; 3,770 m; Skinner et al., 2010) in light purple, a transect 
of S. Iceland cores (1200-2300 m; Thornalley et al., 2011) in dark blue, northwest 
Atlantic corals (Robinson et al., 2004) in orange, equatorial Atlantic corals (Chen et al., 
2015) in dark purple, and eastern North Atlantic core MD99-2334k (37.8°N, 10.17°W; 
3,146 m; Skinner et al., 2014) in light green.  
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Figure 1.3 Construction of TR163-23 tuned chronologies. (a) Tie point ages and age 
uncertainty for the TR163-23 Globigerinoides ruber δ18O record were constrained from 
the GRIP ice core δ18O record (Johnsen et al., 1997; Rasmussen et al., 2014; Seierstad et 
al., 2014) using Elastic Tie-Pointing (ETP; Heaton et al., 2013). Calibrated radiocarbon 
ages used in the final age model are indicated with an X and ETP derived tie points are 
indicated with a diamond. (b) ETP constrained deglacial tie-points from the H82 
speleothem and glacial tie-points from the MSD speleothem δ18O records (Wang et al., 
2001; Wu et al., 2009; Southon et al., 2012) are indicated by a triangle. As with the 
Greenland-tuned age model, calibrated radiocarbon ages are used to date the Holocene 
portion of the core in the final Bayesian-derived age model. Dashed lines connect TR163-
23 δ18O data points to corresponding Hulu speleothem and Greenland ice core reference 
record events used as tie points. (c) Five 14C-plateaus were identified in the TR163-23 N. 
dutertrei radiocarbon record that correspond to 14C-plateaus previously identified in the 
Lake Suigetsu atmospheric 14C record (Bronk Ramsey et al., 2012) by Sarnthein et al. 
(2015). A hiatus between the Younger Dryas plateau and plateau 1a was included in the 
final Bayesian-derived age model. Additionally, a Greenland ice core tie point was used 
to constrain the LGM portion of the core.   
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Figure 1.4 Comparison of age model techniques. The three tuned age models yield results 
that are indistinguishable from one another within 1σ error windows. In contrast, the 
calibration of TR163-23 N. dutertrei 14C-ages using a constant reservoir correction 
(ΔR=147±13) results in chronological offsets of up to ~2,000 yrs from the tuned age 
models.  
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Figure 1.5 Radiocarbon records for TR163-23. (a) TR163-23 benthic and planktonic 
Δ14C0 and atmospheric records of Δ14C. The residual atmospheric Δ14C has been 
corrected for modeled cosmogenic 14C production (Hain et al., 2014). Benthic and 
planktonic Δ14C0 remains relatively constant through deglaciation except for a rapid 
increase at the end of HS1 and at the end of the BA. The major axis of 1σ error ellipses is 
plotted for benthic and planktonic Δ14C0. (b) Conventional radiocarbon ages measured 
from 31 Neogloboquadrina dutertrei, 3 Globogerinoides ruber, and 25 mixed benthic 
samples. Deglacial G. ruber and N. dutertrei samples show negligible 14C offsets. (c) 
Benthic-planktonic 14C offsets in Galapagos core TR163-23 and Panama Basin core ODP 
1240 (de la Fuente et al., 2015) indicate similar offsets during the deglacial period. 
Although TR163-23 B-P offsets show little overall change from the LGM to the 
Holocene, ODP 1240 suggests a trend of decreasing B-P offsets during this period. One 
sigma error bars are plotted for B-P offsets.
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Figure 1.6 Foraminifera radiocarbon offsets from the atmosphere over the last 25,000 
years. (a) Composite atmospheric [CO2] record from Antarctic ice cores (Bereiter et al., 
2015) and δ13C from Taylor Glacier, Antarctica (Bauska et al., 2016). (b and c) 
Reconstructed radiocarbon offsets from the atmosphere displayed in calendar years and 
as Δ14C0-atm with the major axis of 1σ error ellipses displayed. Contemporary Δ14C from 
GLODAP (Key et al., 2004) is shown for thermocline depths (green star, -85‰) and for 
2.7 km (yellow star, -220‰). Three centennial increases in the WDC atmospheric CO2 
record occur at 16.3, 14.8, and 11.7 ka (dashed line; Marcott et al., 2014). There is an 
EEP equivalent at both thermocline and deep water-depths for the 14.8 ka event, while a 
possible 16.3 ka event corresponds with only an increase in thermocline ventilation. Our 
records do not have sufficient resolution at 11.7 ka to capture ventilation changes 
associated with this century-long CO2 increases. An additional ventilation event is 
recorded in TR163-23 in the late BA (dotted line).
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Figure 1.7 Interocean comparison of shallow and deep water ventilation. (a) An Antarctic 
ice core compilation of Atmospheric CO2 (Bereiter et al., 2015) indicates increasing CO2 
during the deglacial coeval with declining Atmospheric Δ14C (corrected for natural 
production; Hain et al., 2014; Marcott et al., 2014). (b) Southern Ocean records include 
surface (dark-orange) and deep (3,770 m; dark-purple) water-depths from core MD07-
3076 (Skinner et al., 2010) in the sub-Antarctic South Atlantic along with a Drake 
Passage coral compilation from Upper Circumpolar Deep Water (dark-green; Burke and 
Robinson, 2012). (c) Atlantic records include deep-water core MD99-2334k (3,146 m; 
green; Skinner et al., 2014) in the eastern Atlantic, a transect of cores off the southern 
coast of Iceland (1,237-2,303 m; magenta; Thornalley et al., 2011), a coral compilation 
from the NW Atlantic (819-1,750 m; orange; Robinson et al., 2005), along with 
intermediate (1,296-1,492 m; navy-blue) and deep (1,827-2,100 m; light-blue) water-
depth equatorial Atlantic coral compilations (Chen et al., 2015). (d) Pacific records 
include thermocline (dark-blue) and deep (2,730 m; red) water-depths from EEP core 
TR163-23 (this study), deep-water Panama Basin core ODP1240 (2,921 m; cyan; de la 
Fuente et al., 2015), deep-water Gulf of Alaska core MD02-2489 (3,640 m; pink; Rae et 
al., 2014), and intermediate depth Eastern Pacific core MV99-MC19/GC31/PC08 (705 
m; purple; Marchitto et al., 2007; Lindsay et al., 2015).
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Figure 1.8 Inter-ocean synchronicity of the 14.8 ka ventilation event. The Bayesian age 
modeling program BACON (Blaauw and Christen, 2011) was used to resample reported 
chronologies along a uniform time interval and to calculate the probability of the 14.8 ka 
ventilation event occurring at each study site from 13.0-17.0 ka using a 100 year window 
with a 10 year time step (Blaauw et al., 2007). Incorporating age uncertainties, event 
probabilities were combined to test for synchronicity. The width of an individual 
probability curve is determined both by event length and age model uncertainty whereas 
the height is a function of age model certainty alone; e.g. a narrow curve with peak 
probability close to 1.0 corresponds to a brief, well-defined event. Our EEP record is 
synchronous with the other a) East Pacific (72.3%), and b) North Atlantic (78.0%) 
records within 1σ (68.27%). c) The 14.8 ka event in equatorial Atlantic records ends at a 
similar time as the EEP, however this region has insufficient resolution at the onset of 
this event to determine whether the 14.8 ka event was indeed simultaneous with the EEP. 
d) Southern Ocean records suggest an earlier ventilation event with less likelihood of 
synchronicity (48.7%) at 14.8 ka. 
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CHAPTER 2 
MID-DEPTH RESPIRED CARBON STORAGE AND OXYGENATION OF THE 
EASTERN EQUATORIAL PACIFIC OVER THE LAST 25,000 YEARS 2 
 
                                                
2!Umling, N.E., Thunell, R.C. Submitted to Earth and Planetary Science Letters 
06/07/17. 
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2.1 ABSTRACT 
A growing body of evidence suggests that respired carbon was stored in mid-
depth waters during the last glacial maximum (LGM) and released to the atmosphere 
from upwelling regions during deglaciation. A more efficient biological pump has been 
cited as a possible mechanism for increased nutrient and CO2 concentrations at depth 
during the LGM, while a less efficient biological pump may have contributed to CO2 
evasion to the atmosphere during deglaciation. An increase in glacial mid-depth water 
respired carbon storage should result in a shift of DIC speciation towards lower carbonate 
ion concentrations, along with deoxygenation of bottom waters. In this study, we use the 
boron to calcium (B/Ca) ratios of the benthic foraminifera Cibicidoides wuellerstorfi to 
reconstruct deep-water carbonate ion concentrations. Additionally, bottom water 
oxygenation is estimated from the difference in δ13C of infaunal benthic foraminifera 
living in pore waters at the anoxic boundary and of epifaunal species living in bottom 
water.  Our records indicate that oxygenation of the mid-depth Eastern Equatorial Pacific 
increased through deglaciation by 80 µmol kg-1 and that carbonate ion concentrations 
were significantly lower during the Younger Dryas and Heinrich Stadial 1 cold periods 
relative to the Holocene. These results suggest that Eastern Equatorial Pacific mid-depth 
waters stored respired carbon during the LGM releasing it to the atmosphere during 
deglaciation, consistent with a deglacial reinvigoration of overturning circulation. 
2.2 INTRODUCTION 
The last deglaciation provides important insights into the nature of climate 
changes during the transition from glacial to interglacial conditions. Specifically, this 
transition is punctuated by brief periods of rapid return to cold, glacial-like conditions 
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followed by abrupt warmings (Shakun et al., 2012). These cold periods are accompanied 
by gradually increasing atmospheric CO2, ~50 ppmv during late Heinrich Stadial 1 (HS1; 
~17.5-14.7 ka) and ~30 ppmv during the Younger Dryas (YD; ~12.8-11.5 ka) (Monnin et 
al., 2001), overprinted by periods of rapid (100-200 yrs) CO2 increase at 11.7 ka, 14.8 ka, 
16.3 ka (Marcott et al., 2014) (Figure 2.1). The deep and intermediate ocean is thought to 
be a major contributor to the rise in atmospheric CO2 during the last deglaciation. Recent 
radiocarbon evidence suggests that ventilation of mid-depth waters was reduced during 
the last glacial maximum (LGM; Burke et al., 2015; Ronge et al., 2016; Umling and 
Thunell, 2017), allowing respired carbon to accumulate before being subsequently 
released to the atmosphere from upwelling regions such as the Eastern Equatorial Pacific 
(EEP) during deglaciation (de la Fuente et al., 2015; Martínez-Botí et al., 2015; Umling 
and Thunell, 2017). However, alternate mechanisms have been suggested to drive the 
atmospheric CO2 excursions of the last 25,000 years (Broecker and Peng, 1987; Jaccard 
et al., 2009; Köhler et al., 2014; Martínez-García et al., 2014, Matsumoto et al., 2002).  
It has been hypothesized that a less efficient biological pump during periods of 
enhanced oceanic circulation could have been responsible for the deglacial CO2 increases 
(Ziegler et al., 2013), whereas more efficient sequestration of respired carbon from the 
surface ocean to deeper waters during periods of reduced circulation may have 
contributed to lower glacial atmospheric CO2 concentrations (Jaccard et al., 2009). 
Benthic and planktonic foraminiferal δ13C records suggest that the surface to deep-water 
carbon isotope gradient was lower during HS1 and the YD, when Atlantic Meridional 
Overturning Circulation (AMOC) was reduced (Hertzberg et al., 2016). This implies that 
surface-water preformed nutrients were being increasingly under-utilized, reducing the 
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amount of carbon exported to deep waters and allowing enhanced CO2 evasion to the 
atmosphere (Hertzberg et al., 2016). However, the contribution of CO2 from decreased 
biological pump efficiency alone, is not of sufficient magnitude to account for the total 
deglacial atmospheric CO2 increase. Permafrost thawing (Köhler et al., 2014), carbonate 
compensation (Broecker and Peng, 1987), and enhanced deep-water ventilation 
(Broecker and Barker, 2007) have also been suggested as complementary mechanisms for 
driving CO2 increases. The atmospheric carbon isotopic composition recorded in ice 
cores suggests that the release of terrestrial carbon may have been important during rapid 
(100-200 years) CO2 increases at 16.3 and 12.9 kyr (Bauska et al., 2016). However, rising 
ocean temperatures and a less efficient biological pump likely drove much of the 
millennial and some of the centennial-scale CO2 changes (Bauska et al., 2016). Because 
the efficiency of the biological pump is modified, in part, by changes in oceanic 
ventilation, a coupling of these two processes could account for the full deglacial CO2 
increase. 
Evidence of coeval shifts in ventilation and respired carbon export in Sub-
Antarctic Atlantic deep-waters hint that the biological pump and ocean circulation likely 
worked in tandem to modify atmospheric CO2 concentrations during the last glacial 
period (Gottschalk et al., 2016). However, it is not yet apparent whether this relationship 
is limited to glacial Circumpolar Deep Waters (CDW) or whether it is regionally more 
extensive. Qualitative estimates of intermediate and deep-water oxygen content suggest 
large spatial and depth-dependent differences in oxygenation between the LGM and 
Holocene (Jaccard and Galbraith, 2011), but the deglacial variability is not as well 
constrained. Here, we present multi-proxy records of mid-depth and deep-water 
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chemistry for the Eastern Equatorial Pacific over the last 25,000 years to investigate the 
linkages between respired carbon storage and ocean ventilation during the last glacial-
interglacial transition. Additionally, we evaluate regional trends in respired carbon 
variability by compiling published records of deep and intermediate water carbonate 
chemistry from benthic foraminiferal boron to calcium ratios.  
2.3 SAMPLE MATERIAL AND OCEANOGRAPHIC SETTING 
This study utilizes a series of cores collected from the Panama Basin during R/V 
Trident cruise TR-163 (Figure 2.2, Table 2.1). For a detailed analysis of the deglaciation 
we focus on core TR163-23 (0°24.6’N, 92°9.6’W) collected from 2,730 m water-depth 
off the Galapagos platform. Five additional cores from the Cocos and Carnegie Ridges in 
the Panama Basin were used to evaluate depth dependent changes in mid-depth and deep 
water properties during three time periods: LGM, Bolling-Alerod (B-A), and Holocene. 
The Panama Basin is an important region for study of the biological pump because it is 
responsible for ~10% of global ocean primary productivity and is strongly connected to 
the Southern Ocean (Pennington et al., 2006). Primary productivity in this region is 
controlled by upwelling strength, thermocline depth, and supply of nutrients to the 
thermocline (Pennington et al., 2006). In particular, upwelling of the Equatorial 
Undercurrent (EUC) is an important source of nutrients and CO2 to surface waters 
(Fiedler and Talley, 2006). At present, the Panama Basin serves as a major site for the 
efflux of CO2 from the surface ocean to the atmosphere (Takahashi et al., 2002). 
Deep and mid-depth waters of the EEP are composed of Lower Circumpolar Deep Water 
(LCDW) at abyssal depths and Pacific Deep Water at depths of ~1,000-3,200 m. LCDW 
is formed from mixing of Antarctic Bottom Water (AABW) and North Atlantic Deep 
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Water (NADW) in the Southern Ocean (Fiedler and Talley, 2006). The warming and 
freshening of LCDW forms PDW at mid-depths; these waters are characterized by a 
silica maximum at ~2,500-3,200 m, overlain by waters with low oxygen and silica 
concentrations but overall higher concentrations of nutrients than found within mid-depth 
waters (Fiedler and Talley, 2006).  
2.4 METHODS 
2.4.1 AGE MODEL DEVELOPMENT 
The age model for TR163-23 was developed using a combination of radiocarbon dating 
and tuning of the oxygen isotope record from the planktonic foraminifera species 
Globogerinoides ruber to the Hulu Cave Speleothem δ18O record (Southon et al., 2012; 
Wang et al., 2001; Wu et al., 2009). Globigerinoides ruber oxygen isotope events were 
visually identified in TR163-23 and matched to reference events in the U/Th dated Hulu 
Cave Speleothem (Southon et al., 2012; Wang et al., 2001; Wu et al., 2009). For 
estimation of tie-point uncertainty, the Hulu speleothem reference chronology was 
translated to TR163-23 using the elastic tie-point method developed by Heaton et al. 
(2013). Larger matching uncertainty was applied to the glacial tie-points to allow for a 
lower level of certainty associated with event contemporaneity during this period. Three 
samples of ~10 mg of the planktonic foraminifera Neogloboquadrina dutertrei were 
measured for radiocarbon content at the University of California, Irvine Keck-Carbon 
Cycle AMS facility and used to date the Holocene portion of the core (Figure 2.3). The 
Bayesian age-depth modeling program BACON (Blaauw and Christen, 2011) was used to 
calibrate the N. dutertrei radiocarbon ages (ΔR=147±13) and to construct the final age 
model. This Bayesian method incorporates age model uncertainty associated with 
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calibration of the radiocarbon ages and tie-point uncertainty for constraint of the final age 
model and its associated uncertainty. A more detailed description of the age model 
construction for TR163-23 can be found in Umling and Thunell (2017).  TR163-23 
reservoir ages estimated from this method (Supplementary Table B2) were used with 
BACON to calibrate N. dutertrei radiocarbon ages from each of the TR163 cores (Figure 
2.3) used in this study and to develop chronologies for each of the cores.  
2.4.2 ESTIMATION OF BOTTOM WATER CARBONATE CHEMISTRY 
Approximately 10 Cibicidoides wuellerstorfi of consistent morphology (Rae et 
al., 2011) were picked from the 250-425 µm size fraction of each core sample for trace 
element analyses. When limited material was available, additional C. wuellerstorfi were 
picked from the 212-250 µm size fraction. Samples were cleaned in over-pressured flow 
hoods equipped with boron-free HEPA filters following the Cd-cleaning protocol from 
Boyle and Keigwin (1985/86) as modified by Boyle and Rosenthal (1996) using the 
minimal settling technique from Barker et al. (2003) and analyzed on a Thermo Element 
II high resolution ICP-MS. To increase boron washout efficiency and reduce boron 
memory effects in the sample introduction system we used a HF-HNO3 sample matrix 
(0.06 M HF and 0.1 M HNO3) following Misra et al. (2014). Multi-element standard 
solutions were prepared gravimetrically using high purity mono-element standards. 
Samples were dissolved in 100 µl of 0.2% Teflon-distilled HNO3. For each sample run, 
calcium concentrations were measured from an aliquot of each sample solution and both 
sample and standard solutions were diluted accordingly to 20 ppm Ca using the HF-
HNO3 matrix. Samples were introduced using a Teflon barrel spray chamber and 
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platinum injector. The analytical error for B/Ca is ± 1.4 µmol mol-1 (± 0.9%) based on 
repeated measurements of a standard of ~175 µmol mol-1.  
The global core top calibration from Yu et al. (2013) was used to estimate deep 
water carbonate saturation state (Δ[CO32-]) from B/Ca values (Eq. 2.1) and carbonate ion 
values were estimated according to Equation 2.2. The [CO32-]sat was calculated from 
preindustrial [CO32-] estimated from nearby GLODAP stations (Key et al., 2004)  using 
CO2SYS (Pelletier et al., 2005) with K1 and K2 of Mehrbach et al. (1973) refit by 
Dickson and Millero (1987), KSO4 of Dickson (1990), and the boron-salinity relationship 
of Lee et al. (2010). 
  B/Ca = 1.14 ± 0.04 * Δ[CO32-] + 176.6 ± 1.0           (Eq. 2.1) 
  Δ[CO32-] = [CO32-]in situ - [CO32-]sat            (Eq. 2.2) 
We monitored Al-silicate and oxide contamination through concurrent analysis of 
diagenetic indicators Fe/Ca, Mn/Ca, and Al/Ca. Generally, Fe/Ca ratios in the TR163 
cores were below ~100 µmol mol-1but, measured Al/Ca and Mn/Ca ratios were 
commonly elevated with the lowest median Al/Ca occurring in cores TR163-20B and 
TR163-18 which had generally the highest median Mn/Ca (Supplementary Fig. B1). 
Despite the elevated Mn and Al, there was no significant correlation with B/Ca and any 
of the diagenetic indicators (Supplementary Fig. B2). 
2.4.3 BOTTOM WATER OXYGEN ESTIMATES 
The redox sensitive element uranium accumulates in sediments when bottom 
water oxygenation is low and/or there is high flux of organic carbon to the seafloor 
(McManus et al., 2005). This signal is recorded in the authigenic coating of bulk 
sediments (McManus et al., 2005). Additionally, foraminiferal coatings have been shown 
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to faithfully record the bulk sedimentary authigenic uranium (Ua) signal (Boiteau et al., 
2012) and have the advantage of not requiring a correction for non-authigenic 
sedimentary uranium. We measured the U/Ca ratio on samples of ~10 N. dutertrei picked 
from the 300-425 µm size fraction for each of the cores. Samples were cleaned using 
alternating water and methanol rinses to preserve authigenic coatings. Foraminiferal 
intra-shell U/Ca has a negligible contribution towards total Ua and can be disregarded 
(Boiteau et al., 2012). Neogloboquadrina dutertrei Ua was corrected for changes in shell 
thickness and size by normalizing to manganese concentrations (U/Mn; Gottschalk et al., 
2016). Authigenic uranium concentrations were also measured on 50 mg samples of 
lightly-cleaned, mixed planktonic foraminifera from the >355 µg size fraction. Both the 
bulk planktonic samples and the N. dutertrei samples were and analyzed on a Thermo 
Element II high resolution ICP-MS. The analytical error for the N. dutertrei U/Ca is ± 
2.08 nmol mol-1 (± 2.6%) based on repeated measurements of an internal standard of ~79 
nmol mol-1. An isotopic spike was used to monitor analytical drift during the 
measurement of bulk planktonic foraminifera samples along with repeated measures of 
the USGS rock standard BHVO-2. Bulk planktonic foraminifera uranium concentrations 
were normalized to manganese concentrations. Measurements of both N. dutertrei and 
bulk planktonic samples from TR163-20B reveal that although the overall magnitude of 
authigenic uranium was different, the recorded glacial-interglacial Ua pattern is consistent 
regardless of which analytical method was used. 
 Bottom water oxygen content was reconstructed using the benthic foraminiferal 
Δδ13C proxy of Hoogakker et al. (2014). This proxy exploits the relationship between 
organic carbon remineralization and pore-water oxygen concentrations. Specifically, the 
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depth of the oxic-anoxic boundary in sediments is related to both the amount of oxygen 
consumed from organic carbon remineralization and to overlying bottom water oxygen 
concentrations. The carbon isotope gradient from bottom waters to the sedimentary oxic-
anoxic boundary corresponds to the amount of organic matter remineralized and the 
benthic foraminiferal δ13C gradient can used to calculate bottom-water oxygen 
concentrations (McCorkle and Emerson, 1988). Bottom water δ13C was estimated from 
the δ13C of the epifaunal benthic formainifera C. wuellerstorfi. This species has an 
elevated microhabitat and secretes its calcite in a 1:1 relationship with bottom water δ13C 
(Mackensen, 2008). The carbon isotope value at the oxic-anoxic boundary was 
determined from the δ13C value recorded by the deep infaunal benthic foraminifera 
Globobulimina spp. which thrives at the sedimentary dysoxic-anoxic boundary and will 
migrate within the sediment following this boundary (McCorkle et al., 1990). Shallow 
infaunal species Uvigerina spp. and intermediate infaunal species Chilostomella oolina 
also were measured in conjunction with C. wuellerstorfi and Globobulimina spp. to 
approximate changes in the sedimentary δ13C gradient. 
2.5 RESULTS 
2.5.1 EASTERN EQUATORIAL PACIFIC MID-DEPTH OXYGENATION 
Carbon isotopes from epifaunal species C. wuellerstorfi and shallow infaunal 
species Uvigerina spp. generally increase by ~0.5‰ from the LGM to the Holocene 
(Figure 2.4), similar to the estimated mean change in Pacific bottom water δ13C over this 
time period (Curry et al., 1988), suggesting that it is unlikely that TR163-23 was 
influenced by a photodetrital effect associated with high productivity (Mackensen et al., 
1993). The most negative δ13C values (-2.5 to -2.8‰) were recorded by the intermediate 
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infaunal species, Chilostomella oolina (Figure 2.4). Although C. oolina was not present 
in sufficient numbers for isotopic analyses throughout the entire core, this species does 
record a similar δ13C increase from the Bolling Allerod (BA) to the Holocene. 
Conversely, δ13C from deep-dwelling Globobulimina spp. does not change significantly 
during the last deglaciation (Figure 2.4).  The quantitative Δδ13C estimates of [O2] reveal 
that mid-depth waters off the Galapagos remained well-oxygenated ([O2] > 80 µmol/kg) 
throughout the glacial-interglacial transition, with oxygen concentrations gradually 
increasing by 60-80 µmol kg-1 from the LGM to the Holocene (Figure 2.4). This is 
supported by the generally low glacial and Holocene accumulations of authigenic 
uranium in TR163-23 (Figure 2.5). The exception to this is a period of enhanced Ua 
accumulation during the late deglacial Younger Dryas (Figure 2.5). Δδ13C estimates of 
[O2] decrease in association with this YD increase in Ua, however, the oxygen 
concentrations do not return to the lower values seen during the LGM and HS1 (Figure 
2.4). Records of authigenic uranium from nearby TR163 cores demonstrate that this late 
deglacial maximum in Ua was replicated in nearby core TR163-20B whereas Carnegie 
and Cocos Ridge cores TR163-14 and TR163-25 record a HS1/LGM maximum in 
authigenic uranium accumulation along with overall higher concentrations of Ua (Figure 
2.5). 
2.5.2 GLACIAL-INTERGLACIAL CARBONATE ION VARIABILITY 
Over the last 25,000 years, C. wuellerstorfi B/Ca values for TR163-23 ranged 
from ~175 to ~215 µmol mol-1 in EEP mid-depth waters, although there is no significant 
difference in B/Ca values between the last glacial period and the Holocene (Figure 2.6). 
There are however, two distinct changes in B/Ca during deglaciation. The first is an 
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increase from 180 to 215 µmol mol-1 during HS1, followed by a decrease of similar 
magnitude from the BA into the YD (Figure 2.6). This range of B/Ca values equates to a 
range in [CO32-] of ~ 70 to 105 µmol kg-1 (Figure 2.6), which is five to six times higher 
than the ~15 µmol kg-1change recorded in mid-depth Western Equatorial Pacific cores 
(Yu et al., 2013). The mid-deglacial maximum in Δ[CO32-] at ~14-15 ka in cores TR163-
23 and TR163-14 is similar to that recorded in the two shallowest cores (TR163-18 and 
TR163-2) almost 2,000 years later at ~13 ka. However, this apparent difference in timing 
may be an artifact of the low sedimentation rates in these cores (2-4 cm/kyr). Conversely, 
there may be a depth-dependent lag in the timing of the deglacial Δ[CO32-] maximum 
recorded by the two cores at depths of ~2 km and bellow. Results from TR163-25 and 
TR163-20B are more variable and do not demonstrate a clear mid-deglacial maximum. 
Rather, these cores suggest a slight overall increase in Δ[CO32-] from the LGM to the 
Holocene. The location of TR163-25 on the Carnegie Ridge saddle could contribute to 
the higher variability in the recorded Δ[CO32-], with modified deep-water from within the 
basin mixing with waters sourced from outside the basin. Conversely, TR163-20B is 
located close to the boundary between younger, northward flowing LCDW and old, 
southward flowing PDW. A shoaling of this boundary during the glacial-interglacial 
transition would shift the saturation state at the depth of TR163-20B towards higher 
values, overprinting changes in saturation state related to enhanced DIC storage. 
Nonetheless, after ~19 ka both TR163-20B and TR163-23 document similar changes in 
Δ[CO32-]. 
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2.6 DISCUSSION 
2.6.1 DEGLACIAL MID-DEPTH OXYGENATION 
Southern Ocean records of deep-water chemistry indicate that increases in export 
production occurred simultaneously with reductions in ventilation, bottom-water 
oxygenation, and atmospheric CO2 during the last two glacial periods (Gottschalk et al., 
2016). Many studies of the glacial-interglacial transfer of CO2 between the oceans and 
atmosphere have focused on changes in the biological pump in the Southern Ocean 
because this is a key region of modern CO2 evasion to the atmosphere. Less attention has 
been paid to the dynamics of these processes in low-latitude upwelling regions such as 
the EEP, although the modern EEP is also an important source of CO2 to the atmosphere.  
Our Δδ13C oxygen estimates suggest that increasing mid-depth oxygenation in the 
EEP occurred in unison with increases in ventilation. Specifically, both mid-depth [O2] 
and Δ14C0-atm increase gradually through HS1 with rapid increases at the HS1-BA 
transition (Figure 2.7). Benthic foraminiferal δ13C values have been suggested to reflect 
microhabitat differences and species-specific “vital effects” (McCorkle et al., 1990). The 
δ13C gradient among foraminifera at different microhabitat depths is a function not only 
of oxygen availability but also of the quality and quantity of organic matter reaching the 
sea floor (Jorissen et al., 1995). A decrease in the δ13C gradient reflects a shoaling of the 
average living depths of infaunal foraminifera taxa. While different species may exhibit 
large shifts in microhabitat depth as a response to different environmental drivers (e.g. 
food and oxygen availability, bioturbation, competition, and predation), convergence of 
δ13C among several different species reflects a general decline in oxygen and organic 
matter availability. Our results indicate that the δ13C gradient among the different benthic 
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foraminifera taxa increased from the LGM to the Holocene (Figure 2.4), suggesting a 
divergence in average microhabitat depth consistent with our Δδ13C estimates of 
increasing oxygenation.  
It has been hypothesized that bottom-waters would become suboxic or even 
anoxic during periods of reduced ventilation (Hain et al., 2011). While mid-depth 
oxygenation was much lower during the LGM and HS1, our core site never approached 
suboxic conditions (Figure 2.7). This may not have been the case for the entire EEP. The 
productivity history of the equatorial Pacific has been shown to be spatially variable, 
especially within the EEP (Costa et al., 2017; Jaccard and Galbriath, 2011). Several 
patterns of glacial-interglacial productivity changes have been identified for this region, 
including a deglacial productivity maximum (Costa et al., 2017) similar to the Ua 
maximum recorded in the two deeper TR163 cores, 23 and 20B (Figure 2.5). Similarly, 
some records suggest a reduction of glacial productivity while other records suggest that 
productivity was enhanced during the LGM (Costa et al., 2017), much like we find in the 
Ua from TR163 cores 14 and 25 (Figure 2.5). Spatial variability in productivity could 
account for some of these differences. The two deeper cores, TR163-23 and TR163-20B, 
were collected from the Galapagos platform in the core of equatorial upwelling whereas 
the shallower cores, TR163-14 and TR163-25, were collected from the Carnegie and 
Cocos ridges (Figure 2.2). Previous studies of Galapagos and Panama Basin cores have 
emphasized the susceptibility of this region to trace element enrichments related to 
hydrothermal activity, reducing conditions, and volcanic debris (Lea et al., 2005; Pena et 
al., 2005). An input of hydrothermal Mn or formation of Mn-carbonate overgrowths 
(Pena et al., 2005) could bias the authigenic U/Mn values toward lower Ua and account 
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for the different Ua histories between the cores located off the Galapagos and on the 
ridges. 
2.6.2 EASTERN EQUATORIAL PACIFIC CARBONATE CHEMISTRY 
Carbonate ion saturation (Δ[CO32-]) estimates from B/Ca provide an additional 
measure of glacial respired carbon storage (Figure 2.6) and can provide additional 
constraints on the deglacial biological pump to help disentangle the inconsistencies 
among records of export productivity and oxygenation. An increase in the amount of 
respired carbon stored in the deep ocean would result in decreased carbonate ion 
concentrations and subsequent dissolution of CaCO3 to compensate for the excess CO2. 
Similarly, CaCO3 compensation would have buffered excess CO2, allowing the deep-
ocean to store larger amounts of respired carbon during the LGM and HS1 and avoid 
anoxic conditions (Broecker and Peng, 1987). Because CaCO3 compensation works on 
time scales of several thousand years, it has been hypothesized that abrupt ventilation of a 
respired carbon reservoir would result in a brief perturbation of carbonate ion saturation 
and carbonate preservation, followed by a return to steady-state Δ[CO32-] values 
(Broecker and Peng, 1987). Because carbonate compensation does not occur at the 
shorter timescales observed during the deglaciation, brief changes in carbonate saturation 
are driven by other processes such as changes in organic matter respiration and export 
along with changes in ocean circulation and ventilation. The B/Ca record from TR163-23 
displays no overall change between mean glacial and mean Holocene Δ[CO32-] values is 
recorded, suggesting that sufficient CaCO3 was present to fully buffer the glacial-
interglacial change in respired CO2 at this core location (Figure 2.7). However, 
significant changes in carbonate ion concentration occur at this core location during 
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deglaciation. During HS1 and the YD, carbonate ion concentrations are at their lowest, 
coincident with reduced ventilation as indicated by the 14C record (Figure 2.7).   
The low carbonate ion values during HS1 and YD are separated by a mid-
deglacial (BA) maximum in Δ[CO32-] (Figure 2.7). This mid-deglacial Δ[CO32-] 
maximum occurs coevally with a period of increasing ventilation providing support for a 
link between CO2 evasion and increasing Δ[CO32-]. Surprisingly, the lowest Δ[CO32-] 
values are recorded in TR163-23 during the Younger Dryas rather than during HS1 or the 
LGM when ventilation rates were lowest. This is the same period of time when the 
highest U/Mn concentrations are recorded suggesting enhanced productivity as a driver 
of much of the Δ[CO32-] decrease. Also, accumulation of respired carbon in association 
with recorded reductions in ventilation would have amplified the productivity driven 
Δ[CO32-] decreases and contributed to the very low Δ[CO32-] values at this time 
2.6.3 REGIONAL TRENDS IN CARBONATE CHEMISTRY 
A compilation of published records of B/Ca from the Atlantic and Pacific oceans 
reveals significant regional variability in past carbonate ion saturation (Figure 2.8). When 
separating records by ocean and depth, several distinctive patterns emerge. For the North 
Atlantic (including the Caribbean Sea), mid and intermediate water depth records (1.2-3.6 
km; Figure 2.8) display an overall decrease in B/Ca from the LGM to Holocene, while 
the reverse is true for records from deep water-depths (>3.5 km). The larger intermediate 
to deep-water carbonate ion gradient in the glacial north Atlantic relative to the Holocene 
(Figure 2.9) can be attributed to increased stratification and a reorganization of water 
masses in the Atlantic (Yu et al., 2013). Specifically, the replacement of nutrient-poor, 
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northern-sourced waters with nutrient-rich, southern-source waters would allow greater 
respired carbon storage in the deep-Atlantic.  
Little to no overall change between glacial and late Holocene carbonate ion 
concentration is seen in the equatorial Pacific and S. Atlantic records (Figure 2.8). 
Notably, carbonate ion concentrations from the Western Equatorial Pacific (WEP) and 
Central Equatorial Pacific (CEP) remain almost unchanged throughout the glacial-
interglacial transition, with lower [CO32-] generally corresponding to deeper water-
depths. This could indicate the absence of a glacial respired carbon reservoir in the WEP 
and CEP, or changes in carbonate saturation could by obscured by simultaneous changes 
in circulation. There are two major return pathways for North Pacific deep water to the 
Southern Ocean (Key et al., 1996), an eastern path and a less well-defined western path. 
Changes in the vertical and/or horizontal extent of the western pathway could overprint 
[CO32-] changes related to changes in respired carbon storage in the WEP and CEP. 
Alternately, changes in the North Pacific-Southern Ocean deep water mixing ratio may 
also have obscured any glacial-interglacial [CO32-] changes (Yu et al., 2010).  
Although carbonate ion concentrations in the EEP, Southwest Pacific, and S. 
Atlantic return to glacial-like values during the Holocene, these locations document a 
distinct deglacial maximum in carbonate saturation. Carbonate ion concentrations in the 
EEP and SW Pacific began to increase during the mid to late HS1, reaching maximum 
[CO32-] at ~14.5 ka. The increase in EEP and SW Pacific [CO32-] occurred concurrently 
with the onset of increases in both ventilation and [O2] recorded by TR163-23. This 
suggests that changes in the rate of Southern Ocean circulation drove not only the shifts 
in the carbonate saturation in the EEP but also in the SW Pacific, as both the EEP and 
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SW Pacific core sites lie along the return pathway of PDW circulation. However, S. 
Atlantic [CO32-] values do not begin to increase until ~15.0 ka, simultaneous with the 
resumption of Atlantic Meridional Overturning Circulation (AMOC).  
Depth transects of carbonate ion concentrations from the equatorial Pacific for 
different time periods (Holocene, BA, and LGM) show much smaller shifts in the deep-
water [CO32-] gradient than recorded in the North Atlantic (Figure 2.9), with very little to 
no change in the equatorial Pacific gradient aside from a slight glacial-interglacial 
increase in [CO32-] at ~3.4 km water depth. During the Holocene, the EEP [CO32-] 
gradient resembles the rest of the equatorial Pacific, with slightly increasing [CO32-] with 
depth but overall higher [CO32-] concentrations than found in the WEP and CEP. 
Notably, the EEP gradient displays a pronounced minimum in glacial [CO32-] values at 
~2.4 km water depth that persists into the Bølling Allerød (Figure 2.9). If this glacial low 
in [CO32-] is indicative of enhanced respired carbon storage, it is surprising that it persists 
into the Bølling Allerød when there was a rapid increase in ventilation. However, rather 
than low [CO32-] values at 2.4 km driving this feature, it is high [CO32-] values at ~1.6-2.0 
km that account for this pattern, suggesting a transfer of alkalinity from deep to 
intermediate water depths during the Bølling Allerød. Although some of the respired 
carbon reservoir may have persisted through the Bølling Allerød in mid-depth waters, 
much of it had likely dissipated by this time.  
During the glacial period, [CO32-] values from intermediate depth waters in the SW 
Pacific, mid-depth waters in the EEP and deep-waters in the North Atlantic begin to 
approach the low [CO32-] values recorded in the WEP and CEP, suggesting that during the 
LGM/HS1 these regions were all influenced by southern-source waters. This previously 
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described homogenization of deep waters from the North Atlantic and the equatorial 
Pacific (Yu et al., 2013) can now be extended to the EEP at water depths of ~2.2 km and 
to the SW Pacific at water depths of ~1.6 km. This is consistent with the Southern Ocean 
being a dominant driver of changes in both the Atlantic and Pacific during deglaciation 
(Umling and Thunell, 2017) due to increasing Southern Ocean sea ice extent and/or 
stratification (Stephens and Keeling, 2000; Ferrari et al., 2014). 
2.7 CONCLUSIONS 
Our Δδ13C records of oxygen concentrations and authigenic uranium records of 
redox history suggest that oxygenation generally increased in intermediate and deep waters 
of the EEP during the glacial-interglacial transition. B/Ca records of carbonate chemistry 
reveal decreases in carbonate saturation during periods of reduced ventilation along with a 
mid-deglacial carbonate ion maximum similar to what has been recorded in the SW Pacific 
(Allen et al., 2015). The deglacial increases in [O2] and [CO32-] occur in tandem with 
increased EEP ventilation, supporting a deglacial release of a respired carbon reservoir. 
The link between mid-depth respired carbon storage and ventilation suggests that the link 
between the biological pump and circulation was not limited to the Southern Ocean 
(Gottschalk et al., 2016) but extended to the EEP during the last glacial-interglacial 
transition. Furthermore, the similarity of EEP glacial carbonate ion concentrations with 
those of the western and central equatorial Pacific corroborates the proposed 
homogenization of glacial deep waters (Yu et al., 2013) and suggests that the Southern 
Ocean was a primary driver of respired carbon storage and release during the deglaciation. 
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Table 2.1 Core locations and depths.  
 
Core Latitude Longitude Depth (m) 
TR163-2 8° 14.4’ N 84° 21.0’ W 1,620 
TR163-14 5° 54.0’ N 87° 14.4’ W 2,365 
TR163-18 2° 48.6’ N 89° 51’ W 2,030 
TR163-20B 0° 47.4’ N 93° 50.4’ W 3,200 
TR163-23 0° 24.6’ N 92° 9.6’ W 2,730 
TR163-25 1° 39’ S 88° 27’ W 2,650 
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Figure 2.1 Antarctic records of atmospheric CO2 (Bereiter et al., 2015) and temperature 
(Parrenin et al., 2015) indicate periods of gradual increase during the Younger Dryas 
(YD) and Heinrich Stadial 1 (HS1) separated by a period of very little to even decreasing 
change during the Bølling Alerød (BA). 
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Figure 2.2 (a) High resolution core TR163-23 is located off the Galapagos Platform in 
the equatorial cold tongue region. A transect of TR163 cores located on the Cocos and 
Carnegie ridges is used for lower-resolution carbonate-ion study. (b) Core locations 
relative to Pacific water masses is depicted on a plot of modern oxygen content from the 
Global Data Analysis Project (GLODAP; Key et al., 2004).
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Figure 2.3 Radiocarbon ages for each core were measured from Neogloboquadrina 
dutertrei (X) and Globogerinoides ruber (squares) samples. Small samples of G. ruber 
samples were supplemented with Globogerinoides sacculifer (circles) to achieve 
sufficient material for AMS analysis. All samples were measured for radiocarbon content 
at the University of California, Irvine Keck-Carbon Cycle AMS facility.
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Figure 2.4. (a) The oxygen content for TR163-23 was estimated using the calibration of 
Hoogakker et al. (2014) for the δ13C offset between deep-dwelling infaunal benthic 
foraminifera Globobulimina spp. and the epifaunal foraminifera C. wuellerstorfi. The 
difference in the carbon isotopic values of Globobulimina spp. and shallow infaunal 
species Uvigerina spp demonstrate similar offsets. (b) Globobulimina spp. δ13C values 
decrease slightly through deglaciation, whereas Uvigerina spp. and C. wuellerstorfi δ13C 
values increase over the same period. While Chilostomella oolina carbon isotopes show a 
sharp increase over the late deglacial, there were insufficient individuals present for δ13C 
measurements during the early deglacial and LGM.
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Figure 2.5 Authigenic uranium concentrations were measured in bulk planktonic 
foraminifera samples (X’s) and normalized to manganese concentrations. Authigenic 
uranium to calcium ratios (U/Ca) were measured in N. dutertrei samples (diamonds) and 
normalized to manganese to calcium ratios (Mn/Ca). Despite the method used, Ua from 
TR163-20B displays the same glacial-interglacial pattern. Cores TR163-14 and TR163-
25 record significantly higher concentrations of Ua during the LGM and early 
deglaciation than recorded by TR163-23 and TR163-20B over the entire glacial-
interglacial transition.
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Figure 2.6. Using the global core-top calibrations from Yu et al. (2013), (a) the degree of 
carbonate saturation, Δ[CO32-], was estimated from C. mundulus for TR163-2 (1.62 km). 
(b) B/Ca from C. wuellerstorfi was used to calculate Δ[CO32-] for TR163 cores from 
below 2 km water depth. Open diamonds indicate replicates used to compute an average 
value for a specific core depth. 
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Figure 2.7 Past deep-water carbonate chemistry was constrained for TR163-23 using a 
benthic record of B/Ca developed for reductive and oxidatively cleaned samples of C. 
wuellerstorfi suggest a mid-deglacial maximum in carbonate ion concentration. The 
redox history of TR163-23 was constrained from measurements of authigenic uranium 
developed from lightly cleaned (clay removal only) samples of N. dutertrei and 
normalized to manganese concentrations following Gottschalk et al (2016; U/Mn). 
Oxygen content estimated from the δ13C difference between epifaunal species C. 
wuellerstorfi and deep-infaunal species Globobulimina spp. demonstrates gradually 
increasing [O2] over the glacial-interglacial transition broadly similar to periods of 
increasing ventilation recorded in the same core (Umling and Thunell, 2017).
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Figure 2.8 A compilation of B/Ca records from the North Atlantic (Yu et al., 2008), 
Caribbean Sea (Yu et al., 2013), South Atlantic (Yu et al., 2014), Western Equatorial 
Pacific (WEP; Yu et al., 2013), Central Equatorial Pacific (CEP; Yu et al., 2013), Eastern 
Equatorial Pacific (this study), and the Southwest Pacific (Allen et al., 2015) demonstrate 
regional variability. The benthic foraminifera species Cibicidoides wuellerstorfi was used 
for all records shown here, excluding the N. Atlantic record from 1.2 km water-depth 
which used Cibicidoides mundulus. Records from intermediate to mid-depth North 
Atlantic water depths (1.2-2.8 km) and the deep Caribbean Sea (3.6 km) suggest 
declining carbonate ion concentration from the LGM to the Holocene. Alternatively, 
records from the deep North Atlantic (3.5-4.0 km) and abyssal South Atlantic (5 km) 
suggest increasing [CO3-] during this same period. Pacific records reveal a different trend 
with a mid-deglacial peak in [CO3-] during deglaciation recorded in the EEP and SW 
Pacific while little to no change is recorded in WEP and CEP waters. 
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Figure 2.9 Depth profiles of carbonate ion concentrations estimated from benthic B/Ca 
following Yu et al. (2013) and Allen et al. (2015). Glacial water depths have been 
adjusted for 120 m lower sea levels. The North Atlantic changes in [CO32-] are dominated 
by changes in ocean circulation whereas Pacific [CO32-] more closely reflects changes in 
carbon inventory.
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CHAPTER 3 
EVIDENCE FOR GLACIAL DEEP-WATER EXPANSION AND ENHANCED 
REMINERALIZATION IN THE EASTERN EQUATORIAL PACIFIC3 
 
                                                
3!Umling, N.E., Thunell, R.C., Bizimis, M. To be submitted to Paleoceanography. 
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3.1 ABSTRACT 
Previously published foraminiferal-derived estimates of bottom water 
oxygenation and carbonate chemistry from multiple locations suggest the build-up of a 
mid-depth respired carbon reservoir during the last glacial period that subsequently was 
released to the atmosphere during deglaciation. This movement of carbon between the 
oceans and atmosphere has generally been attributed to changes in the biological pump 
and ocean ventilation. However, reorganization of intermediate and deep water-masses 
could complicate our understanding of changes in the biological pump and ventilation 
during this time period. Here we present benthic foraminiferal carbon isotope (δ13C) and 
cadmium/calcium (Cd/Ca) records from the eastern equatorial Pacific to identify water 
masses and constrain circulation changes since the last glacial period in this region. These 
records are complemented with elemental measurements of the authigenic coatings of 
foraminifera to monitor post-depositional changes in bottom water properties. Our results 
suggest a glacial expansion of Lower Circumpolar Deep Water (LCDW), consistent with 
increased influence of southern sourced waters during periods of increased sea-ice extent 
and/or stratification. Additionally, our records demonstrate increased organic matter 
remineralization in mid-depth waters during the last glacial period. This suggests that 
variability in both ventilation and biological pump efficiency were important mechanisms 
for the glacial-interglacial transfer of CO2 between the oceans and atmosphere. 
3.2 INTRODUCTION 
Changes in atmospheric CO2 are thought to amplify solar variability associated 
with the orbital cycles, driving the transition between glacial and interglacial climate 
states over at least the last ~800 kyr (Sigman and Boyle, 2000, Galbraith and Eggleston, 
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2017). The abrupt CO2 increases during the last deglaciation (Parrenin et al., 2013) 
provide a unique opportunity to study the relationship between increasing CO2 and rapid 
climate warming. Because of the size and mobility of the deep ocean carbon reservoir, it 
has been implicated as the primary source of CO2 to the atmosphere during deglaciation 
(Broecker and Barker, 2007). Antarctic ice cores record decreasing atmospheric 
radiocarbon values simultaneous with increasing CO2 (Hughen et al., 2000; Monnin et 
al., 2001), suggesting the a 14C-depleted carbon source to the atmosphere.  
It has been hypothesized that changes in Southern Ocean meridional overturning 
circulation driven by increased sea ice extent or stratification allowed respired carbon to 
accumulate in the deep-ocean during the last glacial period (Anderson et al., 2009; 
Keeling and Stephens, 2001; Toggweiler et al., 2006; Watson et al., 2015). Isolation of 
deep-waters would have allowed 14C to decay, thus providing a source for the 14C-
depleted carbon delivered to the atmosphere during deglaciation (Broecker and Barker, 
2007). Additionally, changes in the efficiency of the oceanic biological pump have been 
linked to the glacial-interglacial transfer of CO2 between the oceans and atmosphere 
(Hertzberg et al., 2016; Pichevin et al., 2009; Ziegler et al., 2013). However, it has been 
estimated that the biological pump could only have contributed up to half of the observed 
CO2 flux (Kohfeld et al., 2005), necessitating an additional process such as ventilation to 
achieve the full glacial-interglacial CO2 change. 
Recent evidence suggests that respired carbon primarily accumulated in mid-
depth waters rather than deep-waters during the last glacial (Burke et al., 2015) due to 
shoaling of the boundary between the upper and lower branches of Southern Ocean 
overturning circulation (Skinner et al., 2010; Ferrari et al., 2014). Furthermore, an 
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increase in the proportion of cold, nutrient-rich Lower Circumpolar Deep Water (LCDW) 
relative to other deep water masses, would have allowed the oceans to store more carbon 
without necessitating changes in ventilation rate or biological productivity (Skinner, 
2009). Reductions in mid-depth 14C are coeval with increases in respired carbon in the 
eastern equatorial Pacific (EEP) during the last glacial period (Umling and Thunell, 
submitted). However, it is not known whether this region underwent an expansion of 
LCDW or whether a decreased ventilation alone was responsible for the low 14C values 
(de la Fuente et al., 2015; Umling and Thunell, 2017).  
Here we characterize the water masses of the deep eastern equatorial Pacific 
during the last 25,000 years utilizing coupled measurements of benthic foraminiferal 
carbon isotopes (δ13C) and cadmium/calcium (Cd/Ca) from a transect of sediment cores 
from the Panama Basin. Cadmium is tightly coupled with the nutrient phosphate in the 
world’s oceans and foraminiferal Cd/Ca ratios have been shown to record the seawater 
cadmium concentrations with a depth-dependent fractionation (Boyle, 1992). Similarly, 
seawater δ13C is related to biological nutrient utilization and demonstrates a negative 
correlation with phosphate. As surface waters equilibrate with the atmosphere during air-
sea exchange, there is an additional isotopic fractionation of carbon (Inoue and Sugimura, 
1985). Therefore, the δ13C value of a water-mass reflects both air-sea exchange and 
nutrient utilization. By utilizing Cd/Ca to constrain the nutrient concentration, the air-sea 
component of δ13C (δ13Cas) can be isolated from the measured δ13C (Lynch-Stieglitz and 
Fairbanks, 1994; Lynch-Stieglitz et al., 1995). Together, measurements of benthic 
foraminiferal Cd/Ca and δ13C provide information on both water mass source and deep-
water mixing along with nutrient utilization. 
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3.3 SAMPLE MATERIAL AND OCEANOGRAPHIC SETTING 
 This study utilizes a series of cores collected from intermediate and deep water-
depths (1,620-3,200 m) of the Panama Basin during R/V Trident cruise TR-163 (Table 
3.1; Figure 3.1). The Panama Basin is a semi-enclosed basin bounded by South and 
Central America to the north and east. The Carnegie and Cocos submarine ridges form 
the southern and northwest boundaries of the basin, converging westward towards the 
volcanically active Galapagos Islands. The Galapagos spreading center extends eastward 
along 1°N towards the center of the basin and northeast from the center of the basin 
towards Panama. These features are potential sources of volcanic and hydrothermal 
products to the surrounding sediments (Pedersen, 1979). Deep-water cores TR163-23 and 
TR163-20B were collected off the west flank of the Galapagos platform at depths of 
2,730 and 3,200 m, respectively. TR163-25 was collected from the Carnegie Ridge and 
the three shallowest cores were collected from the Cocos Ridge (Figure 3.1). No distinct 
ash layers were found in any of the cores, but TR163-23 occasionally contained volcanic 
debris mainly comprised of amber-brown to clear volcanic shards. These glass shards are 
consistent with microtephra described from nearby core TR163-22 (Lea et al., 2005) and 
similar deposits have been described for the Panama Basin by Kowsman (1973) and 
attributed to subaerial eruptions or extremely shallow submarine vents. 
 The Eastern Equatorial Pacific (EEP) is a region characterized by a shallow 
thermocline and the upwelling of nutrient-rich waters. In particular, surface waters near 
the Galapagos Islands are highly productive due to upwelling of the Equatorial 
Undercurrent (EUC; Pennington et al., 2006). The basin is also marked by a strong 
meridional sea surface temperature (SST) gradient. The southern part of the basin is 
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located within the equatorial cold-tongue with SST increasing northward across the basin 
into the eastern Pacific warm-pool (Fiedler and Talley, 2006). The world’s largest oxygen 
minimum zones are located in the eastern Pacific, north and south of the equator at depths 
of ~250-1,000 m (Kamykowski and Zentara, 1990). At present, abyssal waters (>3,500 
m) in the EEP originate from Lower Circumpolar Deep Waters (LCDW) that has been 
modified by geothermal heating within deep basins of the eastern Pacific (Lonsdale, 
1976; Tsuchiya and Talley, 1998). These waters are overlain by Pacific Deep Water 
(PDW) at mid-depths (~1,000-3,200 m) and by Equatorial Pacific Intermediate Water 
(EqPIW) at intermediate water-depths (~700-1000 m; Tsuchiya and Talley, 1998). 
  The heterogeneous distribution of hydrothermal and volcanic activity, along 
with variable surface productivity and water-column oxygenation sets up a complex 
geochemical environment within the Panama Basin. Precipitation of manganese-
carbonate phases have been documented (Pedersen and Price, 1982; Boyle, 1983; Pena et 
al., 2008) in Panama Basin sediments along with Al-silicate contamination (Lea et al., 
2005).  These conditions require careful cleaning of foraminiferal samples along with 
close monitoring of authigenic and biogenic element compositions. 
3.4 METHODS 
 Carbon isotopes were measured on specimens of the benthic foraminifera 
Cibicidoides wuellerstorfi from three TR163 cores with sedimentation rates >5 cm/kyr, 
(TR163-20B, TR163-23, and TR163-25). All analyses were carried out on a GV Isoprime 
stable isotope ratio mass spectrometer. The long-term reproducibility of δ13C 
measurements is 0.06‰ and all samples are reported relative to the Vienna Peedee 
belemnite scale (VPDB). Samples were cleaned for isotopic analysis in 3% H2O2 to 
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remove organic material and then briefly sonicated in acetone to remove adhered 
particles. Cibicidoides wuellerstorfi is ideal for monitoring past deep-ocean chemistry as 
it has an epifaunal habitat and has been shown to incorporate carbon isotopes in a roughly 
1:1 ratio with bottom water (Mackensen, 2008; Schmittner et al., 2017). Age models for 
these cores were constructed from calibrated radiocarbon ages with a variable reservoir 
age as previously reported (Umling and Thunell, 2017).  
Samples of 5-15 C. wuellerstorfi were cleaned for trace element analysis 
following the Cd-cleaning protocol from Boyle and Keigwin (1985/86) as modified by 
Boyle and Rosenthal (1996) using the minimal settling technique from Barker et al. 
(2003). All analyses were carried out on a Thermo Element II High Resolution ICP-MS 
at the Center for Elemental Mass Spectrometry (CEMS) at the University of South 
Carolina. To minimize matrix effects, the Ca content of each analyzed sample solution 
was matched to a gravimetrically made standard at 20 ppm Ca, by first performing a dip 
check and diluting the sample. The analytical reproducibility for Cd/Ca is ± 0.003 µmol 
mol-1 (± 3.7%) based on repeated measurements of a standard of ~0.190 µmol mol-1.  
We monitored Al-silicate and oxide contamination through concurrent analysis of 
diagenetic indicators Fe/Ca, Mn/Ca, and Al/Ca. The Fe/Ca values were generally low 
(<50 mmol mol-1) in all TR163 cores; samples with elevated Fe/Ca values (>100 mmol 
mol-1) were excluded. In contrast, Mn/Ca and Al/Ca values were commonly elevated 
(>100 µmol mol-1) with increasing Mn/Ca values with depth and higher Al/Ca values 
generally found in the mid-depth cores. High Al/Ca and Mn/Ca values are not unusual for 
Panama Basin sediment cores, with precipitation of Mn-carbonate coatings (Boyle, 1983; 
Pena et al., 2005, 2008), formation of Mn-oxides (Balistrieri and Murray, 1986), 
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hydrothermal activity (Klinkhammer et al., 1977; Marchig et al., 1985), and volcanic 
debris (Lea et al., 2005) all serving as sources of Mn in this region. Because of the high 
spatial variability and differing chemical impacts of these processes, it has been proposed 
that identification of acceptable trace element data should utilize site-specific 
contamination thresholds (Lea et al., 2005). Here, samples with anomalous Al/Ca and 
Mn/Ca values (>500 µmol mol-1) were excluded from data analyses, however a lower 
standard was required for TR163-20B Mn/Ca values (>1000 µmol mol-1) as the mean 
Mn/Ca value for this core was ~520 µmol mol-1. Low Fe/Ca values for TR163-20B 
suggest that the high foraminiferal Mn/Ca for this core is not associated with Fe oxides. 
Furthermore, Mg/Ca values from this core are not anomalously enriched as is the case 
with contamination from manganese-carbonate overgrowths (Boyle, 1983; Pena et al., 
2005, 2008). Sedimentary enrichments of Mn have been attributed to flux from a high-
Mn hydrothermal plume (Pedersen, 1979; Klinkhammer et al., 1977) and could be 
responsible for the elevated Mn/Ca in this core. Despite the higher threshold of Mn/Ca 
for TR163-20B, the Cd/Ca results from this core agree with previously reported Cd/Ca 
values from a similar depth Panama Basin core (TR163-31B; Boyle et al., 1988). 
Furthermore, the cleaned benthic Cd/Ca values for TR163-20B are not significantly 
correlated with Mn/Ca, Fe/Ca, or Al/Ca values (Supplementary figure D.1). 
The cadmium concentration of seawater was estimated from the cleaned benthic 
foraminiferal Cd/Ca values using the empirical depth-dependent Cd distribution 
coefficient (D) of Boyle (1992) and normalizing Cd values for the average concentration 
of cadmium in seawater (0.01 mol kg-1). For water depths greater than 3.0 km, D = 2.9 
and for water depths 1.15-3.0 km, the equation from Boyle (1992) was used (Eq. 3.1). 
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  D = 1.3 + (depth – 1150) * (1.6/1850)           (Eq. 3.1) 
Major (43Ca), minor (55Mn), trace (27Al, 47Ti, 51V, 53Cr, 57Fe, 59Co, 60Ni, 63Cu, 
111Cd, 238U), and rare earth (89Y, 139La, 140Ce, 141Pr, 145Nd, 146Nd, 147Sm, 151Eu, 157Gd, 
159Tb, 163Dy, 165Ho, 167Er, 169Tm, 173Yb, 175Lu) element concentrations were measured on 
50 mg samples of mixed planktonic foraminifera from the >355 µg size fraction using a 
Thermo Element II high resolution ICP-MS. Foraminifera were gently crushed to open 
shell chambers and cleaned for adhering clays using repeated ultrasonication and rinses 
of water and methanol (Boyle et al., 1981). Any remaining visible coarse grained silicates 
were removed by cleaning using a fine brush under a binocular microscope (Barker et al., 
2003). A spike solution artificially enriched in 145Nd was added to measured samples and 
blanks as internal standard. Briefly, the 145Nd/146Nd was used to calculate the absolute Nd 
concentration of each sample by isotope dilution, following the method of Willbold et al., 
(2003). The Nd concentration and the spike-corrected 146Nd-signal becomes then the 
internal standard to monitor drift and quantify concentrations using 146Nd-normalized 
signals. We used the USGS reference material BHVO-2 as an external standard for 
quantification of the samples. The Nd-concentrations are reproducible to within 1%.  
Overall precision and accuracy of the method is better than 5% for all elements.  Full 
procedural blanks were corrected for and are insignificant (<1%) for all reported 
elements. Rare Earth Element (REE) concentrations were normalized to Post-Archaean 
Australian Shale (PAAS; Taylor and McLennan, 1985). 
3.5 RESULTS 
 The C. wuellerstorfi δ13C values from TR163-25 and TR163-23 increase over the 
last glacial and interglacial transition by ~0.5‰ (Figure 3.2). This is consistent with the 
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documented mean whole ocean glacial-interglacial δ13C increase of -0.46‰ (Curry et al., 
1988). The δ13C values from TR163-20B generally increase from the last glacial to the 
early Holocene by ~0.3‰, but record a brief return to glacial δ13C values during the early 
Holocene (Figure 3.2). Additionally, TR163-23 δ13C values are highly variable during the 
Younger Dryas (Figure 3.2).  
The eastern equatorial Pacific cores document a glacial-Holocene difference in 
the seawater cadmium concentration (CdW) of ~0.2 nmol kg-1 at 2.73 km water depth 
(TR163-23), with values increasing from ~0.7 nmol kg-1 during the LGM to ~0.9 nmol 
kg-1 in the Holocene (Figure 3.3). Slightly larger glacial-interglacial CdW increases are 
recorded at shallower depths: 0.3 nmol kg-1 at 1.62 and 2.03 km water-depth (TR163-2 
and TR163-18, respectively) and 0.4 nmol kg-1 at 2.65 km water-depth (TR163-25) 
(Figure 3.3). Holocene CdW averages for the cores used in this study are similar to eastern 
and western equatorial Pacific CdW values determined from the core-top benthic 
foraminiferal Cd/Ca data (Boyle,1988, 1992; Table 1; Figure 3.4). As with EEP present-
day water column measurements (Key et al., 2004), our EEP foraminiferal CdW decreases 
slightly from 1.0 to 4.5 km water depth during both the Holocene and LGM (Figure 3.4). 
However, during the Holocene, EEP foraminiferal mean CdW values are slightly higher 
(~0.2 nmol kg-1) in mid-depth waters relative to present-day water column values. This 
mid-depth feature was enhanced during the Last Glacial Maximum (LGM), with EEP 
mean CdW values being up to ~0.6 nmol kg-1 higher at ~2.0 km water depth, relative to 
the WEP (Figure 3.4). Additionally, the variability of foraminiferal CdW also increases 
during the LGM at these depths.   
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 To assess possible geochemical influences on the foraminiferal Cd/Ca, authigenic 
REE and trace element compositions were measured on selected bulk planktonic 
foraminifera samples from deep-water core TR163-20B and mid-depth core TR163-14. 
The concentration of certain metals (Ni, Co, Cd, Ba, Zn) in marine sediments has been 
shown to increase with the formation of Mn-oxides (Balistrieri and Murray, 1986; 
Tribovillard et al., 2006). Pearson’s correlation coefficients indicate that Mn has strong 
(r2 > 0.8) correlations with Cd and Co and a moderately strong correlation (0.6 < r2 < 0.8) 
with Ni in TR163-14 (Table 3.2). However, these elements were only mildly (r2 < 0.4) 
correlated with Mn in deep-water core, TR163-20B. Elements characteristic of reducing 
environments (U, V, Cr; Tribovillard et al., 2006) showed only mild to modest 
correlations with Mn from TR163-14 (Table 3.2). The average concentration of 
authigenic Mn is enriched in TR16-20B (~400 ppm) relative to TR163-14 (~75 ppm) but 
the reverse is true for the average authigenic Cd concentration of TR163-20B (~0.08 
ppm) relative to TR163-14 (~0.42 ppm).  
Rare earth element profiles from both TR163-14 and TR163-20B record 
depletions in cerium relative to neighboring REEs (La and Nd; Figure 3.5). For 
consistency with previous studies the cerium anomaly (Ce/Ce*) was calculated here 
using the equation from German and Elderfield (1990).  
   Ce/Ce* = 3Ce / (2 La + Nd)           (Eq. 3.2) 
Negative cerium anomalies (Ce/Ce*<1) are a common feature in seawater and occur due 
to the oxidation of Ce(III) to Ce(IV) in the water column followed by rapid scavenging 
onto particles (Elderfield and Greaves, 1982). This results in a positive correlation of 
Ce/Ce* with water-mass age (German and Elderfield, 1990). However, this signal can be 
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overprinted by the pore-water reduction of Ce(IV) to Ce(III) under sub-oxic conditions 
resulting in a negligible (Ce/Ce* = 1) or positive (Ce/Ce* > 1) cerium anomaly (Wright 
et al., 1987). TR163-20B and TR163-14 are marked by negative cerium anomalies 
throughout (Figure 3.6). TR163-20B records relatively constant Ce/Ce* values of ~0.3 
for EEP deep waters from the LGM through the early Holocene (Figure 3.6). In contrast, 
mid-depth core TR163-14 records Ce/Ce* values of ~0.6 during the last glacial with an 
abrupt decrease at ~13.0 ka to values of ~ 0.4 during the early Holocene. The cerium 
anomaly shows a strong negative correlation with Mn for mid-depth core TR163-14 
whereas Ce/Ce* and Mn are only mildly correlated for deep-water core TR163-20B 
(Table 3.2). 
3.6 DISCUSSION 
5.6.1 THE INFLUENCE OF THE PANAMA BASIN GEOCHEMICAL ENVIRONMENT ON 
FORAMINIFERAL CADMIUM 
 
 The strong correlation between the bulk planktonic Mn and elements associated 
with Mn-oxides in mid-depth core TR163-14 (2.4 km) suggests that precipitation of Mn-
oxides is the dominant source of authigenic Mn at this site. This is unsurprising as Mn-
oxides frequently form on foraminifera and trace element cleaning methods have been 
developed specifically to address their formation (Boyle and Keigwin, 1985/86). 
Furthermore, formation of Mn-oxides indicates that mid-depth waters remained 
oxygenated during deglaciation. However, the strong correlation between bulk planktonic 
Mn and Ce/Ce* suggests that changes in redox potential at this core depth may have 
begun to overprint the cerium anomaly. Higher Ce/Ce* values during the last glacial 
indicate that mid-depth oxygenation was likely reduced during the glacial period, 
although precipitation of Mn-oxides suggests that suboxia was not reached. This is 
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supported by independent estimates of bottom-water oxygen developed from the carbon 
isotopic offset between bottom-waters and the pore-water oxic-anoxic boundary using the 
calibration of Hoogakker et al. (2014) for similar water-depth core TR163-25 (2,650 m). 
These carbon isotope oxygenation estimates show that waters at 2.65 km depth had 
significantly lower oxygen concentrations during the last glacial period relative to the 
Holocene, although suboxic conditions were never reached (Figure 3.6; Hoogakker et al., 
submitted). The agreement between the Ce/Ce* and δ13C-oxygenation estimates suggests 
that changes in oxygenation rather than enhanced flux of Ce/Ce*-depleted hydrothermal 
fluids is driving the changes in cerium anomaly documented for TR163-14. Furthermore, 
the strong correlation between bulk planktonic Cd and Mn indicates that much of the 
authigenic Cd was incorporated in the Mn-oxide phase and effective removal of this 
phase should limit contamination of cleaned benthic foraminiferal Cd/Ca values. Low 
Mn/Ca values of <100 µmol mol-1 have been shown to contribute negligibly to 
foraminiferal trace element concentrations (Boyle, 1983). The low Mn/Ca values (<100 
µmol mol-1) recorded in the cleaned benthic foraminifera from TR163-14 argues that this 
phase was indeed effectively removed during cleaning and that we can be confident in the 
measured benthic Cd/Ca values from this core.  
In contrast, bulk planktonic samples from deep-water core TR163-20B (3.2 km) 
are marked by strong correlations between Mn and the trace elements Cr and Li, rather 
than the strong correlations for Mn and the cerium anomaly along with Mn and the trace 
elements Co and Ni recorded by TR163-14 (2.36 km). The different trace element 
associations recorded for TR163-20B bulk planktonic Mn suggest that the authigenic Mn 
from this core is not influenced by the same processes affecting TR163-14, indicating a 
! 74 
reduced influence of authigenic Mn-oxide formation at the deeper core depth. However, 
both cleaned benthic Mn/Ca and bulk planktonic authigenic Mn were significantly 
elevated in TR163-20B. In the Panama Basin, hydrothermal plumes associated with the 
Galapagos spreading center account for a significant source of Mn below ~2 km water-
depth (Klinkhammer, 1980). TR163-20B shows strong correlations between Li and Mn 
(r2 = 0.97); hydrothermal activity has been proposed as an important source of Li 
(Hodkinson et al., 1994) with high concentrations of Li reported for hydrothermal-Mn 
crusts (Glasby et al., 1997). Thus, the close link between bulk planktonic Mn and Li in 
TR163-20B could indicate a hydrothermal-Mn contribution. However, riverine flux and 
alteration of basalts are also important sources and sinks of Li to sediments (Elderfield 
and Schultz, 1996) and high concentrations of Li do not unequivocally confirm a 
hydrothermal source.  
The flux of hydrothermal-Mn to the sediments and Mn-oxide reduction within the 
sediments contribute to shallow sedimentary enrichments of Mn(II) which is rapidly 
removed by mixed Mn-Ca carbonate phases (Pedersen and Price 1982). The tendency of 
mixed Mn-Ca carbonate phases to form overgrowths on foraminiferal shells has been 
documented in the Panama basin (Boyle, 1983; Pena et al., 2005, 2008). These conditions 
likely contribute to the elevated Mn/Ca recorded in TR163-20B benthic foraminifera 
even after aggressive cleaning treatments. Despite the inability to decrease TR163-20B 
benthic foraminiferal Mn/Ca, the low correlation between bulk planktonic authigenic Mn 
and Cd concentrations (r2 = 0.5; Table 3.2) suggests that this cleaning-resistant phase was 
potentially not an important source of Cd contamination to TR163-20B benthic 
foraminiferal Cd/Ca values, allowing a larger benthic Mn/Ca contamination threshold of 
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1000 µmol mol-1 for this core. Conversely, correlations for TR163-14 between bulk 
planktonic foraminiferal Mn and trace element indicators for changing redox conditions 
(Co, Ni, Ce/Ce*) suggest that authigenic Mn was likely in the form of Mn-oxide 
coatings, which have a larger potential for Cd-contamination if not successfully removed. 
This required a lower benthic foraminiferal Mn/Ca contamination threshold of 100 µmol 
mol-1for TR163-14. 
5.6.2 GLACIAL-INTERGLACIAL DEEP-WATER CHANGES AND CARBON REMINERALIZATION 
 Eastern Equatorial Pacific CdW was not significantly different during the 
Holocene and LGM with the exception of increased glacial CdW at ~2.0-2.5 km water 
depth (Figure 3.4). Recent water column measurements of [Cd] and δ114Cd paired with 
phosphate concentrations suggest decoupling of Cd and phosphate in low oxygen regions 
as a result of Cd-sulfide (CdS) precipitation (Janssen et al., 2014). Benthic foraminiferal 
carbon isotopic estimates of oxygenation indicate that mid-depth waters in the EEP were 
poorly oxygenated (~55 µmol kg-1) during the last glacial period (Hoogakker et al., 
submitted). Similarly, the REE and trace element results from TR163-14 suggest that 
oxygen concentrations at 2.37 km water depth were also reduced during the last glacial 
period (Figure 3.6). Increased CdS precipitation under reduced oxygen concentrations 
could account for the increased glacial CdW values and enhanced variability recorded at 
water depths of ~2.0-2.5 km. However, our REE and trace element results indicate that 
these waters did not become suboxic, and oxygen concentrations may not have been 
sufficiently low for the formation of Cd-sulfides. 
Alternatively, a mid-depth CdW maximum during the LGM could reflect 
increased phosphate concentrations as predicted by the “nutrient deepening” hypothesis 
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which suggests a transfer of nutrients and CO2 from intermediate and mid-depth waters to 
deep, abyssal waters under a more efficient biological pump (Boyle, 1988). However, 
rather than a transfer of nutrients and/or respired CO2 to abyssal waters (Boyle, 1988; 
Jaccard et al., 2009), we suggest that respired carbon accumulated in mid-depth waters 
due to both decreased mid-depth ventilation (Burke et al., 2015; Fuente et al., 2015; 
Ronge et al., 2016; Umling and Thunell, 2017) and a more efficient biological pump 
(Gottschalk et al., 2016; Hertzburg et al., 2016; Umling and Thunell, submitted). Similar 
CdW enrichments and increased variability have also been documented at ~1.0-1.5 km 
water depth in the Sub-Antarctic Pacific (Lynch-Stieglitz et al., 1996). These water-
depths are within the pathway of Upper Circumpolar Deep Water (UCDW) which was 
also marked by reduced ventilation during the last glacial period (Burke and Robinson, 
2012). 
 However, a shift in the source areas and mixing of the deep and mid-depth water 
masses in this region could also contribute to changes in nutrient content. The combined 
δ13C and CdW results from 2.65 to 3.2 km water depth are useful for disentangling 
signatures of water mass mixing and nutrient content (Figure 3.7). TR163-20B (3.2 km) 
lies close to the modern boundary between northward flowing Lower Circumpolar Deep 
Water (LCDW) and the return flow of Pacific Deep Water (PDW). The CdW- δ13C results 
from TR163-20B suggest increased influence of the air-sea fractionation of δ13C during 
the glacial-interglacial transition, from glacial δ13Cas values approaching -1‰ to deglacial 
δ13Cas values close to 0‰. A δ13Cas value of 0‰ indicates that the influence of air-sea 
exchange is equal to the air-sea signature of mean ocean water, whereas positive 
(negative) values indicate a larger (lower) influence of air-sea exchange relative to mean 
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ocean water (Lynch-Stieglitz et al., 1995). The air-sea signature is imparted on a water-
mass at the surface-region of water-mass formation, with the δ13Cas value recorded by 
cores along the ventilation pathway reflecting mixing among water-masses with differing 
air-sea signatures (Lynch-Stieglitz et al., 1995). Because TR163-20B falls close to a 
boundary between two water masses, a shift in the documented δ13Cas suggests movement 
of that boundary. Reduced TR163-20B glacial δ13Cas values are consistent with increased 
influence of LCDW during the last glacial period and a shoaling of the boundary between 
LCDW and PDW. A similar glacial-deglacial δ13Cas increase is recorded at 2.7 km water-
depth (TR163-23), along with an additional δ13Cas increase of 1‰ from the deglaciation 
to the Holocene (Figure 3.7). This additional 1‰ deglacial-Holocene increase in δ13Cas 
may also be reflected in TR163-20B, however this core does not have sufficient 
Holocene sampling to address this shift.  In contrast, TR163-25 (2.6 km) does not record 
δ13Cas values values close to -1‰. The recorded shift in δ13Cas values by TR163-23 and 
TR163-20B but not TR163-25, suggests that the upper boundary of southern sourced 
LCDW was positioned at ~2.6-2.7 km during the last glacial period. The combined CdW 
and δ13C data for both TR163-23 and TR163-25 suggests increased remineralization 
during the last glacial (Figure 3.7). These results indicate that the LCDW-PDW boundary 
likely shoaled during the LGM in conjunction with increased respired carbon storage in 
mid-depth PDW. 
3.7 CONCLUSIONS 
The Panama Basin has a complex geochemical environment due to venting of 
hydrothermal fluids to deep-waters (Klinkhammer et al., 1977; Marchig et al., 1985), 
subaerial and submarine volcanism (Kowsman, 1973; Lea et al., 2005), varying water 
! 78 
column redox conditions, and high surface productivity (Pennington et al., 2006). Each of 
these processes can impact foraminiferal trace element chemistry to varying extents, but 
their impact is spatially variably throughout the basin. Formation of manganese-oxides 
has the potential for increasing the foraminiferal Cd/Ca values, but Mn/Ca values <100 
µmol mol-1 have been shown to contribute negligibly to Cd/Ca indicating successful 
removal of Mn-oxide contamination (Boyle, 1983; Boyle and Keigwin, 1985/86). Our 
authigenic trace element results from bulk planktonic foraminifera, suggest that Mn 
coatings are unlikely to be a significant contributor to the Cd/Ca values of the cleaned 
benthic foraminifera samples. 
Our paired Cd/Ca and δ13C records are consistent with respired carbon 
accumulation in mid-depth waters along with an expansion of Lower Circumpolar Deep 
Water. This supports an increased influence of southern sourced waters during periods of 
increased sea-ice extent and/or stratification. The hypothesized reorganization of 
overturning circulation required to drive the expansion of southern-sourced deep-waters 
resulted in decreased communication between upper and lower branches of Southern 
Ocean overturning circulation (Ferrari et al., 2014) thereby decreasing mid-depth 
ventilation (Burke et al., 2015).  Decreased glacial ventilation would have allowed 
accumulation of respired carbon in mid-depth waters while a more efficient glacial 
biological pump would have decreased the CO2 “leak” to the atmosphere. A resumption 
of ventilation during deglaciation in conjunction with a less efficient biological pump 
would have released the respired carbon reservoir to shallow surface waters and the 
atmosphere. Our results suggest that variability in both ventilation and biological pump 
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efficiency are important mechanisms for the glacial-interglacial transfer of CO2 between 
the oceans and atmosphere.  
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Table 3.1 Eastern and western equatorial Pacific core locations, depths, and references. 
 
Eastern Equatorial Pacific cores 
Core Latitude Longitude Core depth reference 
V19-27 0.47 -82.07 1373 Boyle, 1992 
TR163-2 8.24 -84.35 1620 this study 
V17-42 3.53 -81.18 1841 Boyle, 1992 
TR163-18 2.81 -89.85 2030 this study 
TR163-14 3.91 -87.24 2365 this study 
TR163-25 -1.65 -88.45 2650 this study 
V19-28 -2.37 -84.85 2720 Boyle, 1992 
TR163-23 0.41 -92.16 2730 this study 
V19-30 -3.38 -82.35 3071 Boyle, 1988, 1992 
TR163-20B 0.79 -93.84 3200 this study 
TR163-31B -3.62 -83.97 3210 Boyle, 1988 
RC10-65 -0.68 -108.62 3588 Boyle, 1988 
KNR73-3 0.37 -106.18 3606 Boyle, 1988, 1992 
KNR73-4 10.85 -110.27 3681 Boyle, 1988, 1992 
Western Equatorial Pacific cores 
Core Latitude Longitude Core depth reference 
V32-159 48.67 147.4 1235 Boyle, 1992 
V32-161 48.28 149.07 1600 Boyle, 1992 
V28-235 -5.45 160.48 1748 Boyle, 1992 
V24-109 0.43 158.8 2367 Boyle, 1988 
V26-304 28.53 134.13 2942 Boyle, 1992 
Rama 44 53.01 164.65 2980 Boyle, 1992 
V28-238 1.02 160.48 3120 Boyle, 1992 
V32-128a 36.47 177.17 3623 Boyle, 1992 
V32-128b 35.32 174.9 3870 Boyle, 1992 
  
! 81 
Table 3.2 Pearson correlation coefficients of bulk planktonic authigenic Mn and Cd  
 
 Li Al Ca Ti V Cr Mn Fe Co Ni Cu U Ce/Ce* 
Cd -0.19 -0.03 0.45 -0.16 0.39 -0.57 0.94** 0.43 0.96** 0.93** -0.11 -0.39 -0.82* 
0.5 -0.53 0.84* -0.49 0.56 -0.28 0.5 -0.5 0.64 0.95** -0.25 0.9 * -0.14 
Mn -0.32 0.04 0.46 -0.11 0.42 -0.67    0.55 0.9 ** 0.88 * 0.31 0.52 -0.92 ** 
0.97** -0.58 0.74 -0.14 0.12 -0.8*   -0.35 0.19 0.61 -0.39 0.62 -0.65 
Bold font indicates a moderately strong correlation (>0.6) and filled background indicates a strong 
correlation (>0.8). 
Correlation coefficients for TR163-14 are indicated in blue and in red for TR163-20B. 
* Statistically significant (p < 0.05) 
** Highly statistically significant (p < 0.001) 
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Figure 3.1 (a) The location of eastern equatorial Pacific benthic foraminiferal CdW 
records from this study (stars) and Boyle (1988, 1992; circles). (b) Phosphate and 
cadmium are closely linked in the modern ocean, with a phosphate maximum occurring 
at ~1.0 km in the water column (Key et al., 2004).` Water column cadmium 
concentrations are estimated from seawater phosphate concentrations following Boyle 
(1992).   
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Figure 3.2 Benthic foraminiferal carbon isotopic composition of C. wuellerstorfi for cores 
TR163-25 (2.65 km), TR163-23 (2.73 km), and TR163-20B (3.20 km).   
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Figure 3.3 Seawater Cadmium (CdW) has been estimated for TR163 cores from the 
Cd/Ca values of C. wuellerstorfi and C. mundulus (only TR163-2). A new age model for 
TR163-31B was estimated using the Bayesian age-depth modeling program BACON 
(Blaauw and Christen, 2011) to calibrate the N. dutertrei radiocarbon ages of Shackleton 
et al. (1988) utilizing variable reservoir ages reported in Umling and Thunell (2017).  
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Figure 3.4 Average eastern equatorial Pacific Holocene and LGM CdW were estimated 
for a transect of cores from 1.37-3.68 km water-depth using the Cd/Ca data of this study 
and Boyle (1988, 1992). Eastern equatorial Pacific water column Cd was estimated from 
GLODAP station 1894 phosphate (Key et al., 2004) using the relationship Cd(nmol kg-
1)=0.4*P(µmol kg-1)-0.25 from Boyle (1988). Water depths for the last glacial maximum 
have been adjusted by 120 m to account for lower sea-levels. 
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Figure 3.5 The PAAS-normalized distribution of rare earth elements at 2.37 km (TR163-
14) and 3.2 km (TR163-20B) compared to published eastern equatorial Pacific core top 
data from cores TR163-11, TR163-14 and VM28-139 (Osborne et al., 2017).  
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Figure 3.6 The estimated cerium anomalies (Ce/Ce*) for mid-depth (TR163-14; 2.37 km; 
blue) and deep-waters (TR163-20B; 3.20 km; red) over the last glacial-interglacial 
transition. An abrupt shift in the mid-depth Ce/Ce* value at ~13 ka coincides with 
increasing mid-depth oxygenation based on benthic foraminiferal Δδ13C (TR163-25; 2.65 
km; dark grey; Hoogakker et al., submitted).  
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Figure 3.7 Benthic foraminiferal Cdw values versus δ13C for three TR163 cores. Lines of 
equal δ13Cas were plotted following Lynch-Steiglitz et al. (1995, 1996), accounting for the 
change in Cd-P slope at P=1.3 µmol kg-1 (Boyle, 1988) following Oppo and Horowitz 
(2000).
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IMPLICATIONS AND FUTURE DIRECTIONS 
 A growing body of literature has sought to explain the CO2 increases of the last 
glacial-interglacial transition. However, much of the previous research has presented 
conflicting evidence for mechanisms of oceanic-atmospheric CO2 exchange (Broecker 
and Barker, 2007; Calvo et al., 2011; François et al., 1997; Freeman et al., 2015; 
Hertzberg et al., 2016; Lund et al., 2016; Okazaki et al., 2010; Pichevin et al., 2009; Rae 
et al., 2014; Stott et al., 2009; Ziegler et al., 2013). The research presented in this study 
investigated these inconsistencies and documented the role of the eastern equatorial 
Pacific in the CO2 change during the last glacial-interglacial transition. By recording 
changes in deep ocean chemistry and circulation, this study was able to assess both 
physical and biological mechanisms of oceanic-atmospheric CO2 exchange.  
Chapter one presented evidence for two pulses of gradually increasing ventilation 
recorded synchronously in both thermocline and mid-depth waters. This finding suggests 
that during deglaciation, the EEP was a source of CO2 to the atmosphere much as it is 
today. By reconciling the influence of a changing reservoir age with the disagreement 
among ventilation records, chapter one was further able to examine regional trends in 
ventilation and demonstrate that both Atlantic and Pacific deglacial ventilation occurred 
synchronously. Additionally, these results indicate that the Southern Ocean recorded an 
earlier ventilation onset, suggesting a Southern Ocean driver of deglacial ocean 
ventilation that then propagated northward into both the Pacific and Atlantic Oceans. The 
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findings of chapter one point to decreased mid-depth ventilation as a possible driver of 
glacial oceanic CO2 storage. This is a key departure from the earlier predictions of an 
isolated abyssal reservoir (Broecker and Barker, 2007), consistent with respired carbon 
storage in mid-depth rather than deep waters. 
However, the radiocarbon content recorded in mid-depth and deep waters can be 
impacted by processes other than decreased ventilation (Lund et al., 2016). Chapter two 
investigates whether respired carbon storage did indeed occur in tandem with periods of 
decreased mid-depth radiocarbon content. If decreased glacial ventilation rates resulted in 
respired carbon storage, then deep-water oxygenation would be expected to decline 
accordingly due to increased respiration. Similarly, elevated respired carbon 
concentrations would result in a decline in carbonate saturation. Results from chapter two 
indicate that mid-depth oxygen and carbonate ion concentrations were lower during the 
last glacial period, confirming that glacial decreases in ventilation rate resulted in the 
accumulation of respired carbon in mid-depth waters. Additionally, the synchronous 
shifts in ventilation and indicators of the biological pump suggest that both decreased 
ventilation and a more efficient biological pump worked to sequester CO2 during the last 
glacial period and resulted in evasion of a respired carbon reservoir to the atmosphere 
during deglaciation. 
 While the EEP records of ventilation and the biological pump tell a consistent 
story, there are still gaps in the understanding of the mechanisms that may have driven 
these changes. Chapter three attempts to uncover the role that circulation and water-mass 
mixing may have played in glacial-interglacial ventilation and biological pump variability 
by characterizing changes in deep and mid-depth water masses of the EEP. Results from 
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chapter three suggest that the boundary between northward-flowing Lower Circumpolar 
Deep Water (LCDW) and its southward return-flow as Pacific Deep Water (PDW), likely 
shoaled during the last glacial period. This is consistent with a northward shift and 
shoaling of the lower and upper branches of Southern Ocean overturning circulation in 
response to changes in buoyancy forcing driven by Southern Ocean sea-ice extent 
(Ferrari et al., 2014; Watson et al., 2015). 
Together, these findings point to a Southern-Ocean driver of changes in 
ventilation and the biological pump, possibly as a result of increased Antarctic sea ice 
extent. However, there are still gaps in our understanding of the processes at work during 
this period and the oceanic participation in some of the rapid centennial-scale increases in 
atmospheric CO2. Specifically, Antarctic Intermediate Water (AAIW) has been suggested 
as the deglacial ventilation pathway for transfer of the mid-depth respired carbon 
reservoir into shallow waters and the atmosphere. While evidence of radiocarbon-
depleted waters has been found in regions sourced by AAIW (Marchitto et al., 2007; 
Lindsay et al., 2015), evidence for radiocarbon-depletions in the regions where AAIW is 
being formed has proved more elusive (Rose et al., 2010; Hines et al., 2016). Results 
from this study (Chapter 1) and boron isotopic pH estimates (Kubota et al., 2014; 
Martínez-Botí et al., 2015) suggest that the eastern equatorial Pacific was a deglacial 
source of CO2 to the atmosphere. However, this CO2 could have been brought to surface 
waters by direct ventilation from below or it could have entered the region with the 
transport of mainly southern-sourced Equatorial Undercurrent (EUC) waters. Future 
studies should focus on locating the intermediate water pathway that transfers carbon 
from mid-depth to shallow water-depths. In particular, radiocarbon studies of cores from 
! 92 
western equatorial Pacific EUC waters could shed light on whether the EUC was indeed a 
source of radiocarbon-depleted waters to the surface waters of the EEP or alternately, 
whether CO2 in the EEP was ventilated directly from underlying mid-depth waters. 
Similarly, the absence of radiocarbon-depletions in regions of AAIW formation could 
result from a shift in the location of AAIW formation during the last glacial period. 
Evidence from studies of biogenic opal flux suggest that regions of Southern Ocean 
upwelling and diatom productivity were located further north during the last glacial 
period as a result of increased Antarctic sea-ice extent (Anderson et al., 2009). A similar 
northward shift in the location of AAIW formation would not be unexpected. 
In addition to locating the intermediate water pathway for deglacial ventilation of 
the mid-depth respired carbon reservoir, future studies are needed to determine the 
oceanic role in the rapid atmospheric CO2 increases at 11.7 and 16.3 ka (Marcott et al., 
2014). While this study (Chapter 1) reveals a close connection between rapid ventilation 
of a mid-depth respired carbon reservoir and increasing CO2 at 14.8 ka, there were not 
sufficient benthic formaniniferal radiocarbon dates close to 11.7 and 16.3 ka to 
conclusively establish the role of oceanic CO2 to these atmospheric increases in CO2. 
Furthermore, many previously developed deglacial ventilation records have poor 
sampling resolution during the Younger Dryas period. This study (Chapter 1) and a few 
studies from the North Atlantic (Robinson et al., 2005; Thornalley et al., 2011; Skinner et 
al., 2014) and East Pacific (Marchitto et al., 2007; Lindsay et al., 2015) record a period of 
reduced ventilation during the Younger Dryas. However, Younger Dryas radiocarbon 
depletions are not recorded in all deglacial ventilation records (Burke and Robinson, 
2012; Chen et al., 2015; Fuente et al., 2015; Rae et al., 2014; Skinner et al., 2010). In 
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many cases this is likely a product of poor sampling resolution during this period, but 
more extensive investigation is required to determine the regional extent of decreased 
ventilation at this time.  
The results presented in this study provide important insights into changes in 
ventilation, oxygenation, carbonate saturation, and circulation during the last deglaciation 
in the eastern equatorial Pacific. These observations have strong implications for the role 
of the Southern Ocean in controlling glacial-interglacial CO2 exchange between the 
oceans and the atmosphere. Furthermore, this work demonstrates that respired carbon 
was stored in mid-depth waters during the last glacial period and released to the 
atmosphere with pulses of increased deglacial ventilation. More broadly, this research has 
given rise to several pathways of future research and further investigation of the role of 
the oceans in modifying climate on glacial-interglacial timescales. We hope that this 
research will serve as a basis for future studies of glacial respired carbon storage and the 
subsequent deglacial transfer of carbon from the oceans to the atmosphere.
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Table B.1 Benthic and planktonic radiocarbon data from TR163-23. 
 
TR163-23 
depth 
(cm) 
Planktonic radiocarbon Benthic radiocarbon 
UCIAMS 
ID 
taxa 14C age 
14C yrs 
±1σ UCIAMS 
ID 
14C age 
(14C yrs) 
±1σ  
 
B-P  
14C yrs 
±1σ 
5 142516 N. dutertrei 2440 25 143508 3905 25 1465 35 
30     152087 6705 30   
60.5 152095 N. dutertrei 9090 20 143509 10275 40 1185 45 
60.5 141004 G. ruber 8790 25      
70.5 141005 N. dutertrei 9920 25 143510 11070 40 1150 47 
75     152088 11575 35   
80     152089 11745 45   
85 159392 N. dutertrei 11250 25 143511 12540 55 1290 60 
85 141006 G. ruber 11210 30      
87.5 162945 N. dutertrei 11485 20      
90 144872 N. dutertrei 12270 35 144881 13055 40 785 53 
92.5 162946 N. dutertrei 11945 20 152090 13020 60 1075 63 
95 144873 N. dutertrei 12425 35 144882 13500 45 1075 57 
97.5 147290 N. dutertrei 11760 35 147285 13040 50 1280 61 
100 159393 N. dutertrei 12575 40 143512 13960 60 1385 72 
100 142517 G. ruber 12595 30      
102.5 162947 N. dutertrei 12995 25      
105 144874 N. dutertrei 12605 35 144883 13770 45 1165 57 
107.5 147291 N. dutertrei 12630 40 147286 13890 60 1260 72 
110 142518 N. dutertrei 12925 40      
112.5 147292 N. dutertrei 12600 45 147287 13780 60 1180 75 
115 159394 N. dutertrei 13095 35 144884 14760 60 1665 69 
115 144875 G. ruber 12525 30      
117.5 147293 N. dutertrei 14160 50 147288 15750 80 1590 94 
120 142519 N. dutertrei 14260 45 143513 15660 70 1400 83 
122.5 162948 N. dutertrei 14430 25 152091 15830 60 1400 65 
125 144876 N. dutertrei 14970 45 144885 16230 60 1260 75 
127.5 162949 N. dutertrei 14605 30      
130 162950 N. dutertrei 15085 30 152092 16690 50 1605 58 
135 147294 N. dutertrei 15505 50 147289 17070 80 1565 94 
140 162951 N. dutertrei 16625 35 152093 17890 50 1265 61 
145 152096 N. dutertrei 16990 60 143514 18310 90 1320 108 
145 142520 G. ruber,  
sacculifer 
16600 70      
150 162952 N. dutertrei 17410 35      
154.5 144877 N. dutertrei 17840 60      
159.5 162953 N. dutertrei 18175 40      
169.5 144878 N. dutertrei 18960 70 152094 20180 90 1220 114 
184.5 159395 N. dutertrei 20470 90      
184.5 144879 G. ruber, 
sacculifer 
19380 110      
194.5 162954 N. dutertrei 21500 70      
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Table B.2 Age model constructed using a constant reservoir age. 
 
TR163-23 Constant reservoir age (ΔR=147±13) 
depth 
min age max age mean age Sedimentation 
rate 
(cm) (yrs BP) (yrs BP) (yrs BP) (cm/kyr) 
0.5 1011 1801 1477  
5 1795 2095 1923 10.08 
15.5 2729 4170 3372 7.25 
20 3233 4854 3990 7.27 
25 3855 5544 4681 7.24 
30 4510 6277 5400 6.95 
35.5 5309 7036 6182 7.04 
40 5978 7604 6798 7.31 
45.5 6743 8275 7534 7.47 
50 7456 8797 8157 7.23 
55.5 8353 9338 8916 7.24 
60.5 9495 9731 9591 7.41 
65 9812 10399 10084 9.13 
70.5 10566 10927 10709 8.80 
75 10945 11730 11305 7.56 
80 11545 12330 11974 7.47 
82.5 11920 12562 12304 7.58 
85 12511 12719 12622 7.86 
87.5 12717 12963 12836 11.69 
90 12910 13400 13183 7.19 
92.5 13204 13522 13343 15.66 
95 13382 13728 13555 11.78 
97.5 13489 13860 13694 17.96 
100 13701 14010 13854 15.64 
102.5 13818 14213 13975 20.76 
105 13914 14341 14062 28.67 
107.5 14010 14500 14179 21.40 
110 14182 14700 14406 11.00 
112.5 14378 14957 14668 9.54 
115 14758 15326 15013 7.24 
117.5 15804 16430 16179 2.14 
120 16329 16762 16547 6.80 
122.5 16634 17019 16839 8.56 
125 16876 17404 17161 7.77 
127.5 17094 17582 17349 13.25 
130 17487 17877 17684 7.46 
135 18056 18518 18256 8.75 
140 19049 19517 19312 4.73 
145 19630 20045 19840 9.48 
150 20147 20518 20343 9.93 
154.5 20620 21018 20819 9.47 
159.5 21042 21522 21282 10.79 
164.5 21487 22080 21787 9.89 
169.5 22018 22509 22298 9.80 
174.5 22491 23270 22869 8.75 
179.5 23016 23828 23428 8.94 
184.5 23700 24291 24004 8.69 
189.5 24242 24997 24628 8.00 
194.5 25004 25464 25253 8.01 
199.5 25369 26237 25763 9.80 
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Table B.3 Tie point constraint of TR163-23 independent age models. 
 
TR163-23 
depth Elastically derived Tie Points 
(cm) Greenland tuned Hulu cave tuned Suigetsu 14C-plateau tuned 
5 N. dutertrei 14C N. dutertrei 14C N. dutertrei 14C 
60.5 N. dutertrei 14C N. dutertrei 14C N. dutertrei 14C 
70.5 N. dutertrei 14C N. dutertrei 14C N. dutertrei 14C 
80 GICC05 11443±90yrs Hulu speleothem H82 11352±111  
90   plateau YD top 12499±137 
95    
97.5   plateau YD base 13259±105 
98.5   Hiatus 
100 GICC05 13464±63 yrs Hulu speleothem H82 13359±59 Plateau 1a top 13512±96 
107.5    
110 GICC05 14486±75 yrs Hulu speleothem H82 14363±58  
115   Plateau 1 base 15032±83 
117.5   Plateau 2a top 15285±89 
120    
122.5  Hulu speleothem H82 15618±86 Plateau 2a/2b 15792±106 
130   Plateau 2b base 16551±138 
135    
159.5  Hulu speleothem MSD 19497±113  
164.5    
199.5 GICC05 23992±204 yrs Hulu speleothem MSD 24161±217 GICC05 23992±204 yrs 
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Table B.4 TR163-23 oxygen isotope tuned age models. 
 
TR163-23 Greenland tuned age Hulu tuned age 
depth min age 
max 
age 
mean 
age 
Sedimentation 
rate 
min 
age 
max 
age 
mean 
age 
Sedimentation 
rate 
(cm) yrs BP yrs BP yrs BP cm/kyrs yrs BP yrs BP yrs BP cm/kyrs 
0.5 1041 1823 1502  965 1832 1500  
5 1836 2145 1978 9.46 1834 2157 1981 9.36 
15.5 2733 4211 3422 7.27 2720 4247 3430 7.24 
20 3249 4936 4055 7.10 3255 4962 4063 7.11 
25 3883 5694 4758 7.11 3851 5697 4759 7.18 
30 4539 6409 5459 7.14 4515 6435 5469 7.05 
35.5 5279 7148 6218 7.25 5312 7120 6226 7.26 
40 5923 7711 6843 7.20 5933 7683 6855 7.16 
45.5 6738 8369 7594 7.33 6730 8372 7604 7.34 
50 7454 8869 8215 7.25 7460 8874 8228 7.21 
55.5 8422 9401 8987 7.12 8394 9405 8996 7.16 
60.5 9561 9798 9656 7.47 9558 9795 9657 7.56 
65 9858 10440 10141 9.28 9858 10450 10143 9.26 
70.5 10596 10871 10726 9.40 10583 10861 10720 9.55 
75 10845 11290 11058 13.57 10822 11274 11031 14.45 
80 11223 11655 11421 13.77 11153 11635 11372 14.68 
82.5 11390 11983 11659 10.51 11314 11947 11602 10.84 
85 11567 12287 11904 10.22 11486 12225 11841 10.46 
87.5 11760 12559 12150 10.15 11684 12491 12086 10.22 
90 11987 12801 12394 10.22 11905 12728 12326 10.40 
92.5 12237 13024 12642 10.11 12160 12927 12564 10.49 
95 12491 13225 12890 10.06 12436 13122 12807 10.30 
97.5 12811 13404 13140 10.03 12723 13286 13042 10.62 
100 13212 13574 13389 10.02 13109 13447 13281 10.46 
102.5 13406 13914 13644 9.83 13305 13794 13532 9.96 
105 13611 14192 13897 9.85 13499 14064 13784 9.94 
107.5 13861 14414 14152 9.82 13746 14270 14029 10.19 
110 14200 14606 14401 10.06 14109 14435 14275 10.16 
112.5 14372 15029 14661 9.60 14289 14813 14530 9.82 
115 14531 15411 14921 9.61 14479 15102 14782 9.92 
117.5 14719 15757 15186 9.46 14696 15348 15030 10.09 
120 14910 16079 15448 9.52 14951 15561 15280 9.98 
122.5 15121 16400 15714 9.41 15304 15758 15533 9.88 
125 15340 16701 15981 9.37 15501 16145 15793 9.60 
127.5 15575 17005 16247 9.37 15683 16501 16053 9.64 
130 15799 17315 16511 9.50 15883 16815 16320 9.35 
135 16245 17875 17045 9.36 16315 17415 16851 9.42 
140 16712 18458 17571 9.51 16796 17960 17378 9.48 
145 17172 19022 18093 9.58 17313 18483 17907 9.46 
150 17674 19540 18619 9.49 17851 18962 18434 9.49 
154.5 18143 20053 19102 9.32 18392 19345 18909 9.46 
159.5 18648 20568 19631 9.46 19093 19749 19427 9.66 
164.5 19189 21091 20154 9.56 19541 20490 19984 8.97 
169.5 19720 21593 20682 9.46 19987 21175 20548 8.86 
174.5 20261 22076 21209 9.50 20464 21801 21110 8.91 
179.5 20826 22571 21741 9.39 20984 22396 21679 8.78 
184.5 21416 23073 22276 9.35 21516 22946 22246 8.82 
189.5 21998 23545 22810 9.36 22080 23503 22812 8.84 
194.5 22614 23999 23335 9.51 22674 24008 23381 8.78 
199.5 23256 24418 23859 9.55 23303 24483 23943 8.90 
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Table B.5 TR163-23 radiocarbon plateau tuned age models. 
 
TR163-23 Plateau tuned age 
depth min age max age mean age Sedimentation rate 
(cm) (yrs BP) (yrs BP) (yrs BP) (yrs BP) 
0.5 1043 1818 1481  
5 1833 2150 1977 9.07 
15.5 2741 4256 3423 7.26 
20 3302 4933 4057 7.10 
25 3894 5660 4742 7.30 
30 4534 6360 5448 7.08 
35.5 5285 7096 6213 7.19 
40 5923 7689 6844 7.14 
45.5 6696 8354 7585 7.42 
50 7441 8862 8214 7.15 
55.5 8370 9402 8974 7.24 
60.5 9557 9799 9656 7.33 
65 9860 10451 10148 9.15 
70.5 10604 10913 10740 9.29 
75 10864 11472 11140 11.25 
80 11233 11943 11577 11.43 
82.5 11426 12165 11796 11.42 
85 11649 12363 12015 11.44 
87.5 11889 12548 12231 11.57 
90 12172 12723 12451 11.35 
92.5 12393 12977 12687 10.62 
95 12634 13185 12921 10.65 
97.5 12913 13360 13151 10.86 
100 13268 13740 13484 7.52 
102.5 13439 14018 13705 11.29 
105 13629 14315 13959 9.83 
107.5 13862 14571 14212 9.89 
110 14099 14789 14463 9.96 
112.5 14385 14973 14711 10.09 
115 14764 15137 14959 10.10 
117.5 15026 15382 15202 10.26 
120 15220 15695 15451 10.06 
122.5 15483 15929 15703 9.92 
125 15696 16253 15960 9.74 
127.5 15911 16523 16211 9.94 
130 16173 16770 16463 9.92 
135 16555 17502 16995 9.39 
140 16966 18166 17524 9.45 
145 17408 18763 18056 9.40 
150 17857 19370 18591 9.35 
154.5 18278 19889 19063 9.53 
159.5 18781 20422 19594 9.42 
164.5 19292 20977 20129 9.36 
169.5 19784 21492 20655 9.49 
174.5 20326 22024 21189 9.38 
179.5 20875 22530 21722 9.37 
184.5 21422 23013 22254 9.41 
189.5 21990 23503 22783 9.45 
194.5 22597 23976 23320 9.30 
199.5 23190 24370 23802 10.39 
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Table B.6 Estimates of TR163-23 Δ14C0, Δ14C0-atm, and reservoir ages using the Hulu-tuned age model.  
 
TR163-
23 
depth 
Hulu-
tuned 
mean age 
N. dutertrei Mixed benthic 
Δ14C0 + 2σ - 2σ Δ14C0-atm 
+ 
2σ - 2σ 
Reservoir 
age ± Δ
14C0 + 2σ - 2σ 
Δ14C0-
atm 
+ 2σ - 2σ Reservoir age ± 
(cm) (yrs BP) (‰)   (‰)   (14C yrs)  (‰)   (‰)   (14C yrs)  
5 1980 -62.47 19.7 16.1 -50.62 20.0 16.1 413 77 -218.76 15.7 13.6 -206.91 15.3 13.8 1878 83 
30 5451         -159.93 97.2 91.9 -229.04 99.1 92.9 1926 454 
60.5 9656 37.29 18.3 12.2 -50.28 18.6 12.9 360 43 -104.98 15.6 11.6 -192.55 15.6 12.1 1545 62 
70.5 10727 64.73 19.1 16.9 -58.77 20.3 16.5 426 73 -77.29 17.0 14.7 -200.79 17.3 14.8 1576 91 
75 11058         -98.05 25.3 23.4 -243.83 27.3 26.2 1915 110 
80 11424         -77.27 26.0 23.0 -227.59 29.0 24.8 1755 77 
85 11885 40.38 49.6 41.8 -146.18 52.5 43.8 1036 121 -113.97 41.8 35.7 -300.53 44.2 37.6 2326 128 
87.5 12116 40.94 51.3 47.4 -161.85 53.3 51.8 1154 126         
90 12357 -27.62 48.6 48.5 -239.40 48.0 52.0 1770 195 -118.15 42.9 42.6 -329.93 44.5 44.2 2555 203 
92.5 12599 43.29 48.8 49.5 -171.46 50.1 50.3 1237 264 -87.38 42.2 46.2 -302.14 41.8 48.2 2312 262 
95 12832 12.78 42.7 48.1 -197.67 44.5 48.3 1465 270 -114.07 35.3 43.6 -324.53 38.4 44.4 2540 271 
97.5 13075 133.88 36.6 45.7 -69.27 36.5 47.3 511 186 -33.13 30.7 39.7 -236.29 30.8 40.8 1791 191 
100 13317 55.87 23.7 23.4 -142.90 24.1 22.7 1020 122 -111.35 20.5 19.8 -310.12 20.4 19.7 2405 119 
102.5 13561 33.40 34.3 29.8 -162.03 33.7 30.5 1160 155         
105 13810 118.65 40.8 37.8 -79.46 41.1 38.2 596 146 -32.37 36.2 34.0 -230.48 38.3 32.6 1761 153 
107.5 14059 150.05 36.9 41.2 -54.90 38.9 42.6 409 140 -16.90 31.1 33.9 -221.86 32.3 35.6 1669 156 
110 14301 142.43 29.2 28.0 -77.87 37.3 30.6 531 57         
112.5 14556 227.69 55.6 42.5 -23.45 58.9 47.4 119 71 59.97 48.3 37.3 -191.17 50.6 42.8 1299 86 
115 14816 191.22 69.2 56.6 -79.54 67.9 59.1 472 166 -31.78 56.9 47.4 -302.54 58.1 49.0 2137 169 
117.5 15075 77.22 73.0 60.0 -208.91 74.4 64.0 1381 207 -116.22 62.4 51.3 -402.36 64.0 53.6 2971 202 
120 15334 98.24 84.6 73.0 -201.11 84.8 74.1 1311 236 -77.41 70.7 61.8 -376.76 72.8 62.7 2711 240 
122.5 15592 110.35 96.4 80.7 -199.57 97.8 82.6 1283 266 -67.24 73.0 64.4 -377.16 76.7 66.8 2683 274 
125 15864 72.22 95.2 83.4 -248.66 93.2 83.0 1642 290 -83.44 78.8 75.3 -404.31 81.3 76.6 2902 292 
127.5 16132 158.86 106.0 93.5 -175.25 109.3 93.1 1095 300         
130 16401 126.96 106.9 97.5 -219.02 107.1 96.0 1388 310 -77.14 93.3 75.7 -423.12 96.6 78.4 2993 306 
135 16945 140.98 121.2 111.5 -227.44 118.7 109.6 1450 332 -61.00 95.4 90.3 -429.42 100.6 93.6 3015 330 
140 17484 57.69 116.3 110.5 -329.76 111.5 109.9 2172 414 -96.42 101.5 95.8 -483.87 99.8 97.5 3437 410 
145 18030 76.56 122.7 123.8 -321.47 123.7 125.3 2098 487 -86.57 107.1 102.8 -484.60 103.7 101.7 3418 486 
150 18574 88.94 115.2 128.3 -315.09 110.6 128.0 2057 509         
154.5 19067 94.25 131.7 127.0 -316.43 127.5 127.7 2048 503         
159.5 19608 118.87 126.9 123.5 -299.26 127.2 130.2 1935 471         
169.5 20684 152.35 128.7 140.3 -293.40 123.3 149.1 1854 439 -10.02 108.7 113.9 -454.13 59.1 56.1 3018 234 
184.5 22295 157.91 110.1 121.5 -333.80 111.0 123.5 2071 449         
194.5 23360 157.89 95.1 104.4 -349.27 99.9 100.6 2154 330         
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Figure B.1 TR163-23 G. ruber oxygen isotopes and conventional radiocarbon ages from 
benthic and planktonic foraminifera plotted versus core depth. 
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APPENDIX C 
CHAPTER 2 SUPPLEMENTARY INFORMATION
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Table C.1 TR163 planktonic radiocarbon ages. 
 
Core depth in core UCIAMS ID 14C age ±1σ  taxa 
 (cm)  (14C yrs)   
TR163-2 10 140995 8165 20 N. dutertrei 
 20 140996 10735 25 N. dutertrei 
 40 140997 15325 35 N. dutertrei 
 55 142510 24000 120 N. dutertrei 
 70 142511 34890 460 N. dutertrei 
 85.5 142512 >49500  N. dutertrei 
TR163-14 15 159399 10325 25 G. ruber 
 25 159400 12045 35 G. ruber 
 40.5 159401 16300 60 G. ruber 
TR163-18 10 140998 7720 25 N. dutertrei 
  157828 7985 30 G. ruber 
 20 140999 10700 25 N. dutertrei 
 40 141000 16370 40 N. dutertrei 
  157829 15750 70 G. ruber 
 50 142513 17960 70 N. dutertrei 
 60 142514 21420 90 N. dutertrei 
 70 142515 24880 140 N. dutertrei 
TR163-25 40 159402 16300 60 G. ruber 
 80 157822 12895 45 N. dutertrei 
  157825 12685 45 G. ruber 
 100 157823 14250 60 N. dutertrei 
  157826 14080 60 G. ruber 
 145 157824 20850 130 N. dutertrei 
  157827 20490 110 G. ruber,  sacculifer 
TR163-20B 35.5 159396 9795 25 G. ruber,  sacculifer 
 50.5 159397 11170 30 G. ruber 
 59.5 159398 12270 35 G. ruber 
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Table C.2 Reservoir ages used for radiocarbon age calibration. 
 
 ΔR ±  Citation 
Holocene 147 13 Stuiver, M., Reimer, P.J., and Reimer, R.W., 2017, CALIB 7.1 [WWW program] 
at http://calib.org, accessed 2017-5-27    
Younger Dryas 990 30 Umling and Thunell, 2017 
Bølling Allerød 101 200 Umling and Thunell, 2017 
Heinrich Stadial 1 1119 171 Umling and Thunell, 2017 
Last Glacial Maximum 1773 136 Umling and Thunell, 2017 
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Table C.3 Published data references 
 
Core Latitude Longitude Depth 
Holocene 
CO32- 
LGM 
CO32- Citation 
      (m) µmol/kg µmol/kg   
RR0503-83 -36.7375 176.6398 1627 78.3 73.4 Allen et al., 2015 
VM28-122 12 -79 3623 114.3 144.8 Yu et al., 2013 
MW91-9 GGC15 0 158 2311 70 73 Yu et al., 2013 
MW91-9 GGC48 0 161 3400 79 74 Yu et al., 2013 
TTNO13 PC61 0.86 -140 4276 86 87 Yu et al., 2013 
TNO57-21 -41.1 7.8 4981 84.4 86.9 Yu et al., 2014 
BOFS 17K 58 -16.5 1150 123 154 Yu et al., 2008 
BOFS 11K 55.2 -20.4 2004 117 135 Yu et al., 2008 
NEAP 8K 59.8 -23.8 2360 109 134 Yu et al., 2008 
BOFS 10K 54.7 -20.7 2777 110 114 Yu et al., 2008 
BOFS 5K 50.7 -21.9 3547 108 90 Yu et al., 2008 
BOFS 8K 52.5 -22.1 4045 105 86 Yu et al., 2008 
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Table C.4 C. wuellerstorfi carbon isotopes for TR163-23. 
 
!  C. wuellerstorfi 
depth mean age δ13C 
(cm) (yrs BP) ‰ VPDB 
5 1981 0.159 
20 4063 0.189 
40 6855 0.018 
40 6855 -0.048 
60.5 9657 -0.063 
65 10143 0.034 
70.5 10720 -0.152 
75 11031 0.013 
80 11372 -0.182 
82.5 11602 -0.259 
85 11841 -0.072 
87.5 12086 -0.160 
87.5 12086 -0.298 
90 12326 -0.033 
92.5 12564 -0.183 
92.5 12564 -0.252 
95 12807 -0.090 
97.5 13042 -0.095 
100 13281 -0.196 
105 13784 -0.357 
107.5 14029 -0.281 
110 14275 -0.233 
112.5 14530 -0.176 
115 14782 -0.262 
117.5 15030 -0.294 
120 15280 -0.313 
122.5 15533 -0.355 
125 15793 -0.290 
127.5 16053 -0.217 
130 16320 -0.329 
135 16851 -0.310 
140 17378 -0.319 
145 17907 -0.248 
150 18434 -0.359 
154.5 18909 -0.323 
159.5 19427 -0.425 
164.5 19984 -0.478 
169.5 20548 -0.362 
174.5 21110 -0.397 
184.5 22246 -0.568 
189.5 22812 -0.516 
199.5 23943 -0.351 
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Table C.5 Uvigerina spp. carbon isotopes for TR163-23. 
 
   Uvigerina spp.    
depth mean age δ13C replicates   
(cm) (yrs BP) ‰ VPDB    
5 1981 -0.865    
15.5 3430 -0.482    
20 4063 -0.456 -0.625   
25 4759 -0.406 -0.373   
30 5469 -0.590    
35.5 6226 -0.462 -0.336 -0.484  
40 6855 -0.748 -0.603 -0.512 -0.411 
45.5 7604 -0.497 -0.783   
50 8228 -0.423 -0.783 -0.587  
55.5 8996 -0.818 -0.484   
60.5 9657 -0.843 -0.771   
65 10143 -0.618 -0.755   
70.5 10720 -0.868 -0.794   
75 11031 -0.746    
80 11372 -0.667    
82.5 11602 -0.746 -1.098 -1.002  
85 11841 -1.016 -0.612   
87.5 12086 -0.761 -0.742 -1.038 -0.992 
90 12326 -0.957    
92.5 12564 -1.076    
95 12807 -0.863 -0.883   
100 13281 -0.955 -1.301   
102.5 13532 -0.955 -0.842   
105 13784 -0.963 -1.108   
107.5 14029 -1.129    
110 14275 -1.283 -0.822 -1.015  
112.5 14530 -1.136    
115 14782 -0.795 -1.062   
117.5 15030 -1.103    
120 15280 -1.315 -1.043   
122.5 15533 -1.184    
125 15793 -1.294    
127.5 16053 -0.828 -1.118 -1.014  
130 16320 -0.935 -1.297 -0.743  
135 16851 -0.971 -1.199   
140 17378 -0.945    
145 17907 -1.208 -1.053   
150 18434 -1.136 -0.876 -1.115  
154.5 18909 -1.342 -1.186 -0.861  
159.5 19427 -1.004 -1.058 -1.027  
164.5 19984 -0.931    
169.5 20548 -1.202    
174.5 21110 -1.032 -1.130   
179.5 21679 -0.886    
184.5 22246 -0.968 -1.279 -0.953  
189.5 22812 -0.965 -0.951 -1.145 -0.707 
194.5 23381 -1.192 -1.030   
199.5 23943 -0.797 -1.269   
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Table C.6 Globobulimina spp. and Chilostomella oolina carbon isotopes for TR163-23. 
 
!  Globobulimina spp. Chilostomella oolina 
depth mean age δ13C δ13C 
(cm) (yrs BP) ‰ VPDB ‰ VPDB 
5 1981  -2.556 
15.5 3430 -1.624 -2.269 
20 4063 -1.593 -2.467 
45.5 7604  -2.355 
50 8228 -1.184 -2.620 
55.5 8996 -1.451 -2.385 
55.5 8996 -1.620  
60.5 9657 -1.841 -2.049 
65 10143 -1.697 -2.264 
65 10143 -1.575  
65 10143 -1.648  
70.5 10720 -1.672 -2.217 
70.5 10720 -1.659  
75 11031 -1.611 -2.579 
80 11372 -1.566 -2.377 
82.5 11602 -1.752  
85 11841 -1.687 -2.300 
90 12326 -1.647 -2.481 
92.5 12564 -1.487 -2.770 
92.5 12564 -1.599  
95 12807 -1.794 -2.631 
97.5 13042 -1.587 -2.842 
100 13281 -1.676 -2.715 
107.5 14029  -2.785 
115 14782 -1.607  
115 14782 -1.303  
117.5 15030 -1.787  
120 15280 -1.671  
125 15793 -1.363 -2.586 
125 15793 -1.691  
130 16320 -1.662  
140 17378 -1.543  
140 17378 -1.606  
145 17907 -1.442  
150 18434 -1.413  
174.5 21110 -1.637  
!! 126 
Table C.7 Benthic carbon isotope difference and [O2] estimates 
 
    Δδ13C Δδ13C   
TR163-23 
depth 
mean age Uvigerina spp. - 
Globobulimina spp 
C. wuellerstorfi - 
Globobulimina spp 
estimated 
[O2] 
(cm) (yrs BP) ‰ VPDB ‰ VPDB µmol/kg 
20 4063 1.052 1.782 177.15!
55.5 8996 0.885   
60.5 9657 1.033 1.778 176.57!
65 10143 0.954 1.674 163.18!
70.5 10720 0.834 1.514 142.41!
75 11031 0.866 1.624 156.69!
80 11372 0.899 1.384 125.54!
82.5 11602 0.803 1.493 139.71!
85 11841 0.873 1.615 155.55!
90 12326 0.690 1.644 159.21!
92.5 12564 0.466 1.325 117.99!
95 12807 0.921 1.704 167.07!
97.5 13042  1.492 139.62!
100 13281 0.547 1.479 137.94!
117.5 15030 0.685 1.493 139.68!
120 15280 0.492 1.358 122.21!
125 15793 0.233 1.237 106.58!
130 16320 0.670 1.333 118.98!
140 17378 0.630 1.255 108.89!
145 17907 0.312 1.194 101.03!
150 18434 0.371 1.055 82.93!
174.5 21110 0.556 1.240 106.90!
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Table C.8 N. dutertrei authigenic uranium estimates for TR163-25 
 
depth mean age U/Ca Mn/Ca U/Mn 
(cm) (yrs BP) µmol/mol µmol/mol mmol/mol 
0.5 3646 0.0320 108.2 0.296 
5 4107 0.0428 51.9 0.825 
10 4623 0.0975 111.0 0.878 
15 5145 0.0552 80.6 0.684 
20 5658 0.0910 87.8 1.036 
25 6171 0.1007 99.3 1.013 
30 6680 0.0807 79.3 1.018 
35 7178 0.0751 52.4 1.433 
40 7689 0.0557 50.4 1.103 
45 8445 0.0839 104.0 0.807 
50 9209 0.1235 150.0 0.823 
55 9982 0.1468 103.6 1.417 
60 10741 0.1547 161.4 0.958 
65 11511 0.1439 126.8 1.135 
70 12274 0.2308 201.1 1.148 
75 13031 0.1283 99.2 1.293 
80 13789 0.2270 114.7 1.979 
85 14299 0.1794 198.4 0.904 
87.5 14554 0.5547 162.9 3.405 
90 14802 0.2950 220.5 1.337 
92.5 15054 0.3456 183.5 1.883 
95 15307 0.2093 116.2 1.802 
97.5 15558 0.4189 131.2 3.194 
100 15809 0.2684 125.4 2.140 
102.5 16132 0.3963 136.7 2.899 
105 16469 0.1881 123.9 1.518 
107.5 16812 0.3787 122.3 3.097 
110 17156 0.2493 178.3 1.398 
112.5 17498 0.3487 96.9 3.598 
115 17839 0.1463 77.7 1.884 
120 18528 0.1878 83.1 2.261 
125 19205 0.1975 62.7 3.148 
130 19890 0.3901 179.1 2.178 
135 20580 0.2320 79.0 2.936 
140 21274 0.3644 111.1 3.281 
145 21957 0.3797 234.4 1.620 
150 22481 0.3485 101.6 3.430 
160.5 23546 0.3018 59.0 5.117 
175.5 25071 0.2382 41.0 5.813 
180.5 25574 0.5889 117.1 5.028 
185.5 26079 0.4534 97.6 4.644 
190.5 26591 0.6140 194.2 3.162 
195.5 27101 0.5064 115.7 4.378 
200.5 27611 0.4063 83.0 4.897 
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Table C.9 N. dutertrei authigenic uranium estimates for TR163-23 
 
depth mean age U/Ca Mn/Ca U/Mn 
(cm) (yrs BP) µmol/mol µmol/mol mmol/mol 
0.5 1500 0.039 147.4 0.262 
5 1981 0.012 145.9 0.083 
15.5 3430 0.024 110.4 0.218 
20 4063 0.029 60.2 0.482 
25 4759 0.033 81.9 0.399 
30 5469 0.028 101.8 0.273 
35.5 6226 0.031 104.0 0.297 
40 6855 0.072 171.9 0.416 
45.5 7604 0.031 163.1 0.191 
50 8228 0.033 213.4 0.153 
55.5 8996 0.033 79.0 0.419 
60.5 9657 0.040 56.2 0.720 
65 10143 0.043 74.2 0.578 
70.5 10720 0.038 90.2 0.420 
75 11031 0.034 66.5 0.516 
80 11372 0.084 118.7 0.708 
82.5 11602 0.082 76.8 1.066 
85 11841 0.080 112.6 0.713 
87.5 12086 0.082 78.4 1.052 
90 12326 0.091 117.4 0.776 
92.5 12564 0.098 88.5 1.112 
95 12807 0.052 71.3 0.733 
97.5 13042 0.092 96.6 0.956 
100 13281 0.055 89.3 0.615 
102.5 13532 0.103 121.1 0.849 
105 13784 0.072 140.1 0.512 
107.5 14029 0.098 126.4 0.775 
110 14275 0.081 140.1 0.578 
112.5 14530 0.045 66.7 0.674 
115 14782 0.086 226.2 0.380 
117.5 15030 0.113 210.9 0.536 
120 15280 0.052 125.8 0.417 
122.5 15533 0.107 245.9 0.435 
125 15793 0.070 151.1 0.462 
127.5 16053 0.070 140.7 0.495 
130 16320 0.075 173.7 0.429 
135 16851 0.084 147.8 0.566 
140 17378 0.080 162.8 0.494 
145 17907 0.076 173.2 0.437 
150 18434 0.070 165.1 0.425 
154.5 18909 0.096 177.1 0.542 
159.5 19427 0.070 148.5 0.472 
164.5 19984 0.139 260.6 0.533 
169.5 20548 0.038 102.5 0.375 
174.5 21110 0.056 179.4 0.309 
179.5 21679 0.071 164.1 0.430 
184.5 22246 0.097 254.6 0.380 
189.5 22812 0.065 208.4 0.311 
194.5 23381 0.074 205.5 0.361 
199.5 23943 0.109 168.5 0.646 
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Table C.10 N. dutertrei authigenic uranium estimates for TR163-20B 
 
depth mean age U/Ca Mn/Ca U/Mn 
(cm) (yrs BP) µmol/mol µmol/mol mmol/mol 
0.75 7016 0.0277 254.6 0.109 
5.25 7480 0.0328 246.3 0.133 
10.5 8019 0.0555 566.6 0.098 
15.5 8533 0.0648 398.6 0.163 
20.5 9044 0.0592 223.0 0.266 
25.5 9559 0.0809 254.0 0.319 
30.5 10074 0.1247 385.3 0.324 
35.5 10574 0.1235 347.5 0.355 
40.5 10933 0.1572 384.0 0.409 
45.75 11311 0.1579 417.5 0.378 
50.5 11655 0.1464 722.3 0.203 
54.25 12016 0.1332 626.7 0.213 
59.5 12529 0.1505 528.9 0.284 
65.5 13130 0.1596 678.3 0.235 
69.5 13538 0.1625 1066.7 0.152 
75.75 14164 0.1701 977.3 0.174 
80.5 14647 0.1314 733.1 0.179 
85.75 15178 0.0905 691.7 0.131 
90 15613 0.1598 1319.1 0.121 
95.75 16196 0.1222 707.4 0.173 
100 16623 0.1233 978.6 0.126 
105.75 17201 0.1208 984.3 0.123 
110 17638 0.1674 1347.0 0.124 
115.5 18194 0.1713 1508.9 0.114 
120 18655 0.0874 611.8 0.143 
125.5 19215 0.1120 1138.3 0.098 
130 19675 0.1905 1540.4 0.124 
135.5 20232 0.1318 1140.6 0.116 
140 20684 0.1245 1311.9 0.095 
145.5 21239 0.1216 979.5 0.124 
150 21700 0.0904 978.7 0.092 
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Table C.11 TR163-14 and TR163-20B Bulk planktonic authigenic uranium estimates 
 
TR163-14 
depth mean age [U] [Mn] U/Mn 
(cm) (yrs BP) ppm ppm   
0.5 8296 0.0376 186.4 0.202 
5.5 9147 0.0333 127.7 0.261 
10.5 10232 0.0309 38.2 0.808 
25 12964 0.0534 40.5 1.318 
40.5 16967 0.2527 29.3 8.638 
60 20919 0.3218 38.2 8.434 
80 24990 0.1641 44.1 3.724 
TR163-20B 
depth mean age [U] [Mn] U/Mn 
(cm) (yrs BP) ppm ppm  
15.5 8533 0.1182 115.7 1.022 
30.5 10074 0.1596 128.8 1.240 
65.5 13130 0.3233 352.6 0.917 
85.75 15178 0.2844 488.8 0.582 
100 16623 0.2260 479.7 0.471 
115.5 18194 0.1910 457.9 0.417 
150 21700 0.2236 509.6 0.439 
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Table C.12 Trace element data for TR163-2, TR163-14, and TR163-20B. 
 
TR163-2 C. mundulus      
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
5 6182 1291 100 96 147 38.7 95.0 
10 8689 1103 127 71 141 31.3 87.5 
15 10381 1395 109 67 129 13.4 69.6 
25 13356 1179 121 123 146 38.3 94.6 
30 14674 951 100 63 143 32.9 89.2 
35 16004 959 109 58 128 11.0 67.3 
40 17359 619 68 64 137 25.3 81.5 
45 20371 1583 61 102 148 40.5 96.8 
TR163-14       
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
10 10232 382 74 46 197 17.8 84.4 
14.5 11168 134 68 17 179 2.1 68.7 
24.5 12964 208 76 30 187 9.4 76.0 
24.5 12964 769 93 46 169 -6.3 60.3 
30.5 14365 160 92 43 191 12.7 79.3 
34.5 15529 299 79 39 211 30.2 96.8 
40 16967 36 82 11 181 4.0 70.6 
40 16967 157 81 122 177 0.2 66.7 
44.5 17893 382 92 64 178 0.9 67.5 
TR163-18       
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
0.5 6085 173 155 9 201 21.0 84.1 
5 7063 248 118 24 203 23.2 86.3 
10 8171 281 151 13 190 12.2 75.3 
10 8171 1135 141 770 202 22.6 85.7 
15 10048 119 170 77 199 19.4 82.6 
15 10048 104 176 10 194 15.6 78.8 
25 13252 77 223 20 222 40.2 103.3 
30 14598 80 296 24 210 29.6 92.8 
30 14598 178 281 24 206 26.2 89.3 
35 15949 134 340 26 189 11.0 74.1 
40 17297 227 410 29 200 20.8 83.9 
40 17297 274 332 38 217 35.4 98.5 
40 17297 160 287 19 203 23.2 86.3 
45 18364 131 370 45 190 11.6 74.7 
45 18364 116 255 25 194 15.6 78.8 
50 19426 109 201 19 215 33.5 96.6 
50 19426 163 220 58 202 22.5 85.6 
55.5 21356 62 263 16 204 24.4 87.5 
60 23283 89 369 25 200 20.4 83.5 
65 25016 121 354 23 185 7.6 70.8 
65 25016 113 276 20 214 33.2 96.3 
70 26734 103 305 26 221 38.6 101.7 
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Table C.13 Trace element data for TR163-25 
 
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
0.5 3646 425 97 19 200 20.6 90.7 
10 4623 8 159 13 194 15.5 85.6 
20 5658 540 219 496 192 13.3 83.4 
25 6171 144 206 11 197 17.6 87.6 
30 6680 137 209 249 190 12.1 82.1 
35 7178 13 217 14 200 20.5 90.5 
35 7178 1235 197 31 199 20.0 90.0 
40 7689 406 311 20 185 7.2 77.3 
50 9209 76 249 12 186 8.5 78.5 
55 9982 113 151 19 226 43.1 113.1 
60 10741 467 220 15 204 24.4 94.4 
60 10741 149 253 26 179 2.2 72.2 
65.5 11511 63 317 10 197 18.2 88.3 
65 11511 283 234 30 197 17.9 87.9 
70 12274 104 195 7 197 18.2 88.2 
70 12274 896 172 313 224 41.9 112.0 
70 12274 853 170 310 225 42.8 112.9 
75 13031 858 171 311 225 42.5 112.5 
80 13789 197 204 34 180 2.9 72.9 
85 14299 154 167 36 193 14.8 84.8 
87.5 14554 80 184 1 182 4.6 74.7 
87.5 14554 199 177 44 200 20.4 90.4 
90 14802 112 157 16 206 26.2 96.2 
92.5 15054 218 174 24 189 10.7 80.8 
95 15307 651 245 20 194 15.1 85.2 
95 15307 419 151 23 198 18.4 88.4 
100 15809 341 160 43 192 13.8 83.8 
102.5 16132 76 219 14 178 1.6 71.6 
105 16469 442 178 38 195 16.3 86.3 
110 17156 330 177 24 194 15.2 85.2 
112.5 17498 368 131 45 199 20.0 90.1 
115 17839 158 156 24 204 24.0 94.0 
125 19205 454 161 28 176 -0.2 69.8 
125 19205 430 162 42 185 7.0 77.1 
130 19890 72 221 22 170 -6.2 63.8 
130 19890 66 178 10 186 8.4 78.5 
135 20580 64 189 16 193 14.1 84.1 
135 20580 179 152 24 197 17.9 87.9 
140 21274 84 174 22 176 -0.4 69.7 
145 21957 248 181 29 179 1.9 72.0 
145 21957 129 181 15 182 4.8 74.9 
150 22481 335 180 23 185 7.4 77.5 
155.5 23034 182 160 18 183 6.0 76.0 
160.5 23546 112 173 18 188 10.3 80.3 
165.5 24057 34 140 19 193 14.1 84.1 
170.5 24564 134 155 24 187 9.2 79.2 
175.5 25071 105 152 25 179 2.5 72.5 
175.5 25071 383 166 14 203 23.1 93.1 
180.5 25574 228 149 28 200 20.5 90.6 
185.5 26079 171 157 29 217 35.6 105.6 
190.5 26591 195 162 39 163 -12.0 58.0 
195.5 27101 90 178 13 192 13.8 83.8 
195.5 27101 256 165 38 188 10.3 80.4 
200.5 27611 99 149 35 190 11.8 81.8 
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Table C.14 Trace element data for TR163-23 
 
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
20 4063 30 152 28 209 28.5 101.4 
60.5 9657 169 181 35 195 15.8 88.7 
65 10143 40 245 39 181 3.9 76.7 
70.5 10720 116 191 29 211 30.4 103.3 
80 11372 542 235 77 187 9.3 82.2 
90 12326 335 231 136 178 1.0 73.9 
92.5 12564 44 172 37 192 13.8 86.7 
95 12807 178 231 42 184 6.4 79.3 
97.5 13042 152 194 32 200 20.3 93.2 
100 13281 315 179 63 193 14.2 87.1 
102.5 13532 349 312 191 208 27.7 100.6 
107.5 14029 244 251 47 200 20.1 93.0 
110 14275 876 317 59 220 38.2 111.1 
112.5 14530 115 190 35 193 14.7 87.6 
115 14782 193 193 87 219 37.1 110.0 
117.5 15030 276 243 64 203 22.9 95.8 
120 15280 32 327 89 204 24.0 96.9 
125 15793 116 254 45 199 19.5 92.4 
130 16320 179 271 49 192 13.8 86.7 
135 16851 476 274 278 197 18.2 91.1 
135 16851 773 236 135 174 -2.2 70.7 
140 17378 70 283 51 215 33.4 106.2 
140 17378 118 194 26 191 12.5 85.3 
145 17907 74 288 48 175 -1.3 71.6 
145 17907 159 260 72 193 14.4 87.3 
150 18434 81 308 72 194 15.3 88.1 
154.5 18909 152 130 34 205 25.0 97.9 
179.5 21679 38 341 1005 199 19.8 92.7 
184.5 22246 200 274 52 205 24.6 97.5 
189.5 22812 99 363 76 216 34.3 107.2 
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Table C.15 Trace element data for TR163-20B 
 
depth mean age Al/Ca Mn/Ca Fe/Ca B/Ca ΔCO32- CO32- 
(cm) (yrs BP) µmol/mol µmol/mol µmol/mol µmol/mol µmol/kg µmol/kg 
30.5 10078 212 353 24 194 15.4 91.2 
40.5 11036 1086 453 63 197 18.2 94.0 
45.75 11490 135 338 7 206 25.4 101.1 
54.25 12290 636 431 64 182 5.0 80.7 
59.5 12836 40 398 24 199 20.1 95.8 
65.5 13852 110 603 25 187 9.3 85.0 
75.75 14457 82 648 16 197 17.8 93.5 
80.5 14961 143 574 15 209 28.8 104.5 
90 15466 58 472 10 181 3.5 79.3 
95.75 15923 106 545 742 190 11.7 87.4 
100 16480 97 526 66 191 12.3 88.1 
105.75 16939 191 448 14 203 23.3 99.0 
110 17492 152 515 34 180 2.8 78.6 
115.5 17951 95 601 33 168 -7.4 68.4 
125.5 18966 105 444 7 197 17.9 93.7 
130 19521 130 808 19 176 -0.8 75.0 
135 19976 116 712 49 197 17.7 93.5 
140 20540 100 828 19 181 3.8 79.5 
145.5 20992 80 661 15 175 -1.0 74.7 
150 21552 108 505 35 203 23.2 99.0 
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Table C.16 Eastern equatorial Pacific profiles of carbonate ion concentration 
 
!!   
Modern 
CO32- 
Holocene 
CO32- 
Bolling Allerod 
CO32- 
LGM 
CO32- 
Core Core depth µmol/kg µmol/kg µmol/kg µmol/kg 
TR163-2 1620 56.26 84.0 91.9 89.2 
TR163-18 2030 63.14 82.1 95.2 86.7 
TR163-14 2365 66.57 84.4 79.3 68.3 
TR163-25 2650 70.04 87.1 83.8 79.3 
TR163-23 2730 72.88 92.5 97.5 99.1 
TR163-20B 3200 75.76 95.4 94.4 84.4 
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Figure C.1 Box and whisker plots of trace element ratios to calcium. Median values are 
labeled and outliers are marked with an X. Benthic foraminifera species Cibicidoides 
wuellerstorfi was utilized for each core except for TR163-2 which utilized Cibicidoides 
mundulus.
!! 137 
 
 
 
Figure C.2 Boron does not show a correlation with any of the diagenetic indicators. 
TR163-2 C. mundulus values were not included in calculation of the R2 value.
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APPENDIX D 
CHAPTER 3 SUPPLEMENTARY INFORMATION
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Table D.1 Age models for TR163-2, TR163-18, TR163-14 
 
TR163-2 
depth mean age min age max age 
(cm) (yrs BP) (yrs BP) (yrs BP) 
0.5 3725 937 6089 
5 6182 3260 7615 
10 8689 8481 9019 
15 10381 9531 11184 
20.25 12022 11601 12330 
25 13356 12517 14393 
30 14674 13622 15852 
35 16004 14923 17258 
40 17359 16555 18576 
45 20371 18540 22375 
50 23351 21355 25043 
55 26326 25793 27097 
60 29731 27783 31925 
TR163-18 
depth mean age min age max age 
(cm) (yrs BP) (yrs BP) (yrs BP) 
0.5 6085 4817 6977 
5 7063 6228 7673 
10 8171 8004 8421 
15 10048 9121 10956 
20 11922 11505 12258 
25 13252 12416 14174 
30 14598 13582 15603 
35 15949 14961 16790 
40 17297 16666 17782 
45 18364 17643 19081 
50 19426 18936 20123 
55 21356 20303 22386 
60 23283 22703 23827 
65 25016 24020 26032 
70 26734 25777 27425 
TR163-14 
depth mean age min age max age 
(cm) (yrs BP) (yrs BP) (yrs BP) 
1 8296 6626 9520 
5 9147 7796 10141 
10 10232 9339 10841 
14.5 11168 10967 11319 
20 12157 11627 12782 
24.5 12964 12380 13702 
30 14365 13438 15316 
34.5 15529 14572 16424 
40 16967 16205 17551 
44.5 17893 16953 18842 
50 19011 17827 20269 
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Table D.2 Age model for TR163-25 
 
TR163-25  
depth mean age min age max age 
(cm) (yrs BP) (yrs BP) (yrs BP) 
0.5 3646 2203 4641 
5 4107 2754 5062 
10 4623 3409 5515 
15 5145 4060 5971 
20 5658 4683 6388 
25 6171 5332 6798 
30 6680 5996 7171 
35 7178 6669 7519 
40 7689 7557 7835 
45 8445 7960 9093 
50 9209 8510 10000 
55 9982 9143 10878 
60 10741 9825 11679 
65 11511 10543 12465 
70 12274 11299 13173 
75 13031 12078 13846 
80 13789 12875 14478 
85 14299 13401 15061 
87.5 14554 13679 15360 
90 14802 13952 15644 
92.5 15054 14215 15916 
95 15307 14480 16187 
97.5 15558 14764 16465 
100 15809 15048 16745 
102.5 16132 15313 17089 
105 16469 15579 17459 
107.5 16812 15864 17839 
110 17156 16144 18199 
112.5 17498 16431 18576 
115 17839 16732 18926 
120 18528 17291 19669 
125 19205 17887 20342 
130 19890 18489 21003 
135 20580 19104 21647 
140 21274 19701 22280 
145 21957 20303 22845 
150 22481 20768 23509 
155.5 23034 21274 24176 
160.5 23546 21754 24788 
165.5 24057 22224 25379 
170.5 24564 22675 25954 
175.5 25071 23160 26537 
180.5 25574 23625 27112 
185.5 26079 24091 27664 
190.5 26591 24573 28247 
195.5 27101 25032 28816 
200.5 27611 25518 29375 
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Figure D.3 Age model for TR163-20B 
 
TR163-20B 
depth mean age min age max age 
(cm) (yrs BP) (yrs BP) (yrs BP) 
0.75 7014 5858 7977 
5.25 7477 6394 8359 
10.5 8043 7092 8833 
15.5 8556 7714 9256 
20.5 9060 8324 9654 
25.5 9567 8944 10042 
30.5 10078 9637 10403 
35.5 10585 10408 10738 
40.5 11036 10738 11395 
45.75 11490 11100 11927 
50.5 11943 11494 12432 
54.25 12290 11791 12803 
59.5 12836 12283 13357 
65.5 13444 12787 14127 
69.5 13852 13122 14608 
75.75 14457 13633 15323 
80.5 14961 14048 15909 
85.75 15466 14495 16496 
90 15923 14892 17045 
95.75 16480 15392 17664 
100 16939 15796 18153 
105.75 17492 16275 18770 
110 17951 16693 19284 
115.5 18511 17186 19899 
120 18966 17585 20421 
125.5 19521 18074 21035 
130 19976 18505 21523 
135.5 20540 19010 22139 
140 20992 19414 22634 
145.5 21552 19923 23229 
150 22003 20330 23731 
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Table D.4 Benthic carbon isotopes for TR163-25 
 
TR163-25 C. wuellerstorfi 
Depth Age δ13C δ18O 
(cm) (yrs BP) (‰ VPDB) (‰ VPDB) 
0.5 3646 0.136 2.798 
5 4107 0.081 3.097 
15 5145 0.079 2.579 
20 5658 -0.034 2.724 
25 6171 0.046 2.754 
30 6680 -0.040 2.912 
35 7178 0.020 3.275 
40 7689 0.022 3.253 
45 8445 0.032 2.890 
60 10741 0.015 3.245 
65 11511 -0.076 3.367 
70 12274 -0.048 3.542 
75 13031 -0.104 3.630 
80 13789 -0.208 3.801 
85 14299 -0.167 3.889 
87.5 14554 -0.265 4.032 
90 14802 -0.295 4.145 
95 15307 -0.340 4.045 
97.5 15558 -0.352 3.772 
100 15809 -0.345 4.167 
102.5 16132 -0.370 4.187 
105 16469 -0.363 4.242 
110 17156 -0.428 4.376 
112.5 17498 -0.380 4.480 
115 17839 -0.389 4.258 
125 19205 -0.387 4.401 
130 19890 -0.367 4.062 
135 20580 -0.313 4.377 
140 21274 -0.353 4.327 
145 21957 -0.357 4.237 
155.5 23034 -0.304 4.181 
160.5 23546 -0.319 4.291 
165.5 24057 -0.210 4.232 
170.5 24564 -0.292 4.178 
175.5 25071 -0.409 3.990 
180.5 25574 -0.271 4.183 
185.5 26079 -0.209 4.081 
190.5 26591 -0.197 4.117 
195.5 27101 -0.226 4.131 
200.5 27611 -0.234 4.139 
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Table D.5 Benthic carbon isotopes for TR163-20B 
 
TR163-20B C. wuellerstorfi 
Depth Age δ13C δ18O 
(cm) (yrs BP) (‰ VPDB) (‰ VPDB) 
0.75 7014 -0.207 3.140 
20.5 9060 -0.064 2.974 
25.5 9567 -0.300 2.795 
45.75 11490 -0.412 3.539 
50.5 11943 -0.189 3.518 
54.25 12290 -0.126 3.410 
59.5 12836 -0.283 3.788 
65.5 13444 -0.315 4.215 
69.5 13852 -0.497 4.268 
75.75 14457 -0.452 4.337 
80.5 14961 -0.328 4.495 
85.75 15466 -0.404 4.353 
90 15923 -0.428 4.543 
95.75 16480 -0.403 4.416 
100 16939 -0.458 4.520 
105.75 17492 -0.410 4.466 
110 17951 -0.317 4.417 
115.5 18511 -0.365 4.404 
125.5 19521 -0.447 4.340 
140 20992 -0.379 4.369 
145.5 21552 -0.275 4.411 
150 22003 -0.274 4.211 
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Table D.6 Benthic Cd/Ca and CdW for TR163-2 
 
TR163-2 C. wuellerstorfi 
Depth Age Cd/Ca Cdw 
(cm) (yrs BP) µmol/mol nmol/kg 
15 10381 0.131 0.765 
30 14674 0.186 1.087 
45 20371 0.150 0.877 
45 20371 0.150 0.877 
50 23351 0.124 0.727 
55 26326 0.117 0.687 
60 29731 0.133 0.777 
TR163-2 C. mundulus 
Depth Age Cd/Ca Cdw 
(cm) (yrs BP) µmol/mol nmol/kg 
5 6182 0.180 1.052 
10 8689 0.169 0.987 
15 10381 0.138 0.810 
25 13356 0.146 0.856 
30 14674 0.118 0.693 
35 16004 0.128 0.748 
40 17359 0.130 0.765 
45 20371 0.238 1.394 
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Table D.7 Benthic Cd/Ca and CdW for TR163-18 and TR163-14 
 
TR163-18 
Depth Age Cd/Ca Cdw 
(cm) (yrs BP) µmol/mol nmol/kg 
0.5 6085 0.293 1.421 
15 10048 0.240 1.162 
15 10048 0.259 1.257 
25 13252 0.307 1.488 
30 14598 0.328 1.593 
30 14598 0.307 1.489 
40 17297 0.333 1.616 
40 17297 0.324 1.573 
40 17297 0.286 1.386 
40 17297 0.279 1.353 
45 18364 0.236 1.147 
45 18364 0.203 0.986 
50 19426 0.359 1.740 
50 19426 0.338 1.641 
55.5 21356 0.324 1.570 
60 23283 0.247 1.197 
65 25016 0.297 1.442 
65 25016 0.177 0.858 
70 26734 0.178 0.866 
TR163-14 
Depth Age Cd/Ca Cdw 
(cm) (yrs BP) µmol/mol nmol/kg 
10 10232 0.244 1.039 
14.5 11168 0.212 0.902 
24.5 12964 0.212 0.901 
24.5 12964 0.230 0.977 
30.5 14365 0.222 0.946 
40 16967 0.306 1.300 
44.5 17893 0.259 1.101 
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Table D.8 Benthic Cd/Ca and CdW for TR163-25 0-90 cm 
 
TR163-25 
Depth Age Cd/Ca Cdw  δ13C 
(cm) (yrs BP) µmol/mol nmol/kg (‰ VPDB) 
0.5 3646 0.335 1.290 0.136 
5 4107 0.292 1.124 0.081 
10 4623 0.264 1.017   
15 5145 0.307 1.181 0.079 
25 6171 0.321 1.236 0.046 
25 6171 0.343 1.320 0.046 
25 6171 0.263 1.013 0.046 
30 6680 0.286 1.100 -0.040 
35 7178 0.213 0.821 0.020 
35 7178 0.268 1.033 0.020 
40 7689 0.277 1.067 0.022 
40 7689 0.254 0.979 0.022 
45 8445 0.235 0.903 0.032 
50 9209 0.262 1.008   
55 9982 0.204 0.785   
60 10741 0.231 0.889 0.015 
60 10741 0.251 0.968 0.015 
65.5 11511 0.295 1.134 -0.076 
65 11511 0.272 1.048 -0.076 
70 12274 0.284 1.092 -0.048 
70 12274 0.264 1.017 -0.048 
80 13789 0.343 1.321 -0.208 
85 14299 0.232 0.895 -0.167 
87.5 14554 0.220 0.846 -0.265 
87.5 14554 0.274 1.054 -0.265 
90 14802 0.279 1.076 -0.295 
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Table D.9 Benthic Cd/Ca and CdW for TR163-25 92.5-200.5 cm 
 
TR163-25 
Depth Age Cd/Ca Cdw  δ13C 
(cm) (yrs BP) µmol/mol nmol/kg (‰ VPDB) 
92.5 15054 0.218 0.841   
95 15307 0.214 0.823 -0.340 
97.5 15558 0.265 1.020 -0.352 
97.5 15558 0.227 0.873 -0.352 
100 15809 0.268 1.030 -0.345 
102.5 16132 0.270 1.038 -0.370 
105 16469 0.318 1.226 -0.363 
110 17156 0.298 1.148 -0.428 
112.5 17498 0.266 1.024 -0.380 
115 17839 0.281 1.081 -0.389 
125 19205 0.327 1.258 -0.387 
125 19205 0.260 1.002 -0.387 
130 19890 0.376 1.446 -0.367 
130 19890 0.276 1.063 -0.367 
130 19890 0.263 1.014 -0.367 
135 20580 0.289 1.113 -0.313 
135 20580 0.303 1.167 -0.313 
135 20580 0.373 1.437 -0.313 
140 21274 0.244 0.939 -0.353 
145 21957 0.269 1.037 -0.357 
145 21957 0.270 1.041 -0.357 
150 22481 0.238 0.918   
150 22481 0.200 0.771   
155.5 23034 0.239 0.919 -0.304 
160.5 23546 0.205 0.790 -0.319 
165.5 24057 0.181 0.695 -0.210 
170.5 24564 0.272 1.047 -0.292 
170.5 24564 0.214 0.824 -0.292 
175.5 25071 0.192 0.740 -0.409 
175.5 25071 0.208 0.801 -0.409 
180.5 25574 0.295 1.134 -0.271 
185.5 26079 0.211 0.811 -0.209 
190.5 26591 0.239 0.920 -0.197 
195.5 27101 0.184 0.709 -0.226 
195.5 27101 0.242 0.930 -0.226 
200.5 27611 0.223 0.860 -0.234 
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Table D.10 Benthic Cd/Ca and CdW for TR163-23 
 
TR163-23 
Depth Age Cd/Ca Cdw  δ13C 
(cm) (yrs BP) µmol/mol nmol/kg (‰ VPDB) 
20 4063 0.239 0.895 0.189 
60.5 9657 0.279 1.044 -0.063 
65 10143 0.272 1.021 0.034 
70.5 10720 0.246 0.924 -0.152 
75 11031 0.237 0.889 0.013 
82.5 11602 0.248 0.932 -0.259 
92.5 12564 0.216 0.812 -0.217 
95 12807 0.309 1.158 -0.090 
97.5 13042 0.279 1.045 -0.095 
100 13281 0.234 0.879 -0.196 
100 13281 0.204 0.766   
102.5 13532 0.238 0.892   
102.5 13532 0.257 0.963   
105 13784 0.300 1.126 -0.357 
107.5 14029 0.286 1.074 -0.281 
112.5 14530 0.236 0.885 -0.176 
115 14782 0.177 0.663 -0.262 
117.5 15030 0.228 0.855 -0.294 
120 15280 0.294 1.104 -0.313 
120 15280 0.300 1.126   
120 15280 0.320 1.202   
125 15793 0.259 0.971 -0.290 
125 15793 0.215 0.808 -0.290 
130 16320 0.290 1.087 -0.329 
140 17378 0.224 0.841 -0.319 
140 17378 0.196 0.734 -0.319 
145 17907 0.313 1.176 -0.248 
145 17907 0.235 0.883 -0.248 
150 18434 0.218 0.818 -0.359 
150 18434 0.210 0.787   
154.5 18909 0.218 0.816 -0.323 
179.5 21679 0.182 0.683   
184.5 22246 0.167 0.628 -0.568 
189.5 22812 0.180 0.675 -0.516 
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Table D.11 Benthic Cd/Ca and CdW for TR163-20B 
 
TR163-20B 
Depth Age Cd/Ca Cdw  δ13C 
(cm) (yrs BP) µmol/mol nmol/kg (‰ VPDB) 
45.75 11490 0.232 0.800 -0.412 
50.5 11943 0.237 0.817 -0.189 
50.5 11943 0.210 0.726 -0.189 
50.5 11943 0.253 0.872 -0.189 
59.5 12836 0.233 0.804 -0.283 
65.5 13852 0.353 1.218 -0.315 
75.75 14457 0.232 0.801 -0.452 
80.5 14961 0.263 0.907 -0.328 
90 15466 0.206 0.709 -0.428 
95.75 15923 0.239 0.823 -0.403 
100 16480 0.240 0.828 -0.458 
105.75 16939 0.177 0.611 -0.410 
110 17492 0.157 0.541 -0.317 
115.5 17951 0.184 0.633 -0.365 
125.5 18966 0.150 0.518 -0.447 
130 19521 0.229 0.788   
130 19521 0.212 0.731   
135 19976 0.242 0.833   
140 20540 0.244 0.841 -0.379 
145.5 20992 0.213 0.734 -0.275 
150 21552 0.157 0.542 -0.274 
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Table D.12 Water column phosphate data and Cd estimates 
 
GLODAP Station ID: 1894 85.827°W, 11.49°S 
depth PO4 Cd 
(m) (µmol/kg) (nmol/kg) 
1027 3.13 1.00 
1150 3.07 0.98 
1297 3.03 0.96 
1444 2.97 0.94 
1590 2.93 0.92 
1787 2.85 0.89 
1984 2.8 0.87 
2178 2.76 0.85 
2374 2.72 0.84 
2566 2.67 0.82 
2759 2.64 0.81 
2953 2.63 0.80 
3151 2.61 0.79 
3350 2.58 0.78 
3548 2.55 0.77 
3745 2.51 0.75 
3942 2.51 0.75 
4164 2.51 0.75 
4397 2.51 0.75 
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Figure D.1 Cadmium does not show a correlation with any of the diagenetic indicators.  
